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Abstract

We report U isotope data for marine black shales of the early Mesoproterozoic
Velkerri Formation (Roper Group) and late Paleoproterozoic Wollogorang Formation
(Tawallah Group) from the McArthur Basin, Northern Australia. An average authigenic
87%U of 0.13 + 0.04%o (1SD; relative to standard CRM145) was obtained for six U- and
Mo-rich shales from a ~ 1 m interval that was deposited at 1361 + 21 Ma (based on
previous Re-Os geochronology). After correcting for a local U isotope fractionation of
~0.60-0.85%o associated with U removal to anoxic sediments, we infer that global seawater
at 1.36 Ga had a 8”°U of ~ —0.47%o to —0.72%o, which is ~0.1-0.3%o lighter than modern
seawater (—0.39 + 0.01%o). Uranium isotope mass-balance modelling suggests that <25%
of the seafloor was anoxic at 1.36 Ga. This interpretation is consistent with high U and Mo
enrichments in these samples compared with other Velkerri Formation and
mid-Proterozoic black shales, which suggests a sizable dissolved oceanic Mo and U
inventory developed in response to an episode of increased ocean oxygenation. Hence, a
significant expanse of O,-bearing deep ocean waters may have existed at 1.36 Ga. The O,
concentrations of those waters were not necessarily high given that a large expanse of
weakly oxygenated deep waters is also consistent with the mass-balance model. A lower
average authigenic 5°°U of —0.08 + 0.18%o (1SD) was obtained for less U- and Mo-rich
black shales from a ~1 m interval in the lower Velkerri Formation, deposited at 1417 + 29

Ma. In contrast to the upper Velkerri interval, the mass-balance model permits widespread
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ocean anoxia during deposition of the lower Velkerri interval.
Black shales of the ca. 1.73 Ga Paleoproterozoic Wollogorang Formation previously
yielded an erroneously young Re-Os date of 1359 + 150 Ma, likely due to

5**8U is observed in

post-depositional hydrothermal alteration at ca. 1640 Ma. Higher
samples closer to the base of the black shale unit where the greatest extent of
open-system Re-Os behavior was observed. Hence, post-depositional hydrothermal fluid

238
o

flow may overprint the depositional U of black shales and cause erroneous estimates

of ancient global ocean anoxia.

Keywords: Proterozoic; ocean anoxia; uranium isotopes; Velkerri Formation;

Wollogorang Formation; McArthur Basin

1. Introduction

The relationship between ocean redox conditions and the slow rates of eukaryotic
evolution in the Mesoproterozoic (~1.6-1.0 Ga) oceans is an ongoing subject of debate.
Iron speciation data and redox-sensitive metal (e.g., Mo, U, Cr, Zn) concentrations of
mid-Proterozoic black shales indicate that the deep oceans were predominantly anoxic
and Fe*'-rich (ferruginous), with anoxic and H,S-rich (euxinic) waters primarily
occurring at mid-depths in regions of high primary productivity along ocean margins as

well as in restricted marginal and intracratonic basins (Scott et al., 2008, 2013; Planavsky
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et al., 2011; Poulton and Canfield, 2011; Boyle et al., 2013; Partin et al., 2013; Reinhard
et al., 2013; Sperling et al., 2015). Chromium isotope data from ironstones and shales as
well as Zn/Fe ratios in marine carbonates suggest that atmospheric O, levels in the
Mesoproterozoic were predominantly <0.1-1.0% of present atmospheric levels (PAL)
(Planavsky et al., 2014; Cole et al., 2016; Liu et al., 2016) until 1.1 Ga when larger Cr
isotope fractionations suggest greater atmospheric O, levels (Gilleaudeau et al., 2016).
Tang et al. (2016) used Ce anomaly data from carbonates and ironstones to suggest that
Mesoproterozoic surface ocean O, concentrations were generally no more than ~0.2 pM,
or about 0.1% of modern levels. Daines et al. (2017) suggested that atmospheric O, levels
of 1-10% PAL were consistent with limited variation in the carbon isotope compositions
of carbonates deposited during the Mesoproterozoic. Quantitative biogeochemical
modelling by Reinhard et al. (2016) suggests pervasive deep ocean anoxia and large
spatiotemporal variations in surface ocean oxygenation, particularly below ~2.5% PAL.
In such a world, nitrate limitation in the open ocean may have been particularly severe,
thus limiting photosynthetic eukaryotes to continental margin settings (Anbar and Knoll,
2002; Reinhard et al., 2013; Lyons et al., 2014; Koehler et al., 2017).

However, other studies suggest that a greater extent of mid-Proterozoic ocean
oxygenation occurred at least episodically, such as during the early Mesoproterozoic at
1.4 Ga. Redox-sensitive metal concentrations in sedimentary rocks of the 1.4 Ga

Xiamaling Formation (China) and a carbon-oxygen cycle model were used to suggest that
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atmospheric O, levels were >4% of modern levels, implying sufficient O, for animal
respiration long before the evolution of complex metazoans (Zhang et al., 2016). The
existence of such high atmospheric O, levels is controversial (Planavsky et al., 2014,
2016). Nevertheless, Fe speciation, organic geochemistry, pyrite S isotope compositions,
redox-sensitive metal concentrations, and eukaryotic microfossils in basinal sedimentary
rocks from the Arlan Member (Kaltasy Formation, Russia) suggests that O,-bearing deep
waters were present at some places in the oceans at 1.4 Ga (Sperling et al., 2014), a
conclusion also reached by Zhang et al. (2016) for the Chinese section based on
redox-sensitive metal concentrations. Geochemical data from the upper Velkerri
Formation (McArthur Basin, northern Australia) have also been used to suggest that an
episode of increased ocean oxygenation occurred at 1.4 Ga, including elevated
redox-sensitive metal enrichments in black shales (Mukherjee and Large, 2016; Cox et al.,
2016).

By contrast, Cr isotope data from the upper Velkerri Formation exhibit minimal
isotope fractionation relative to igneous rocks, implying atmospheric O, levels were
sufficiently low to limit surficial Cr oxidation (Planavsky et al., 2014; Cole et al., 2016).
The low atmospheric O, levels implied by the Cr isotope data favor widespread ocean
anoxia. Not all low Cr isotope compositions, however, necessarily require low
atmospheric/oceanic O, levels. Although most Neoproterozoic and Phanerozoic shales

and ironstones have Cr isotope compositions above the igneous baseline (indicating
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oxidative Cr mobilization), a small proportion also have compositions indistinguishable
from this baseline, and were deposited at broadly the same time as shales and ironstones
containing significantly fractionated Cr (Cole et al., 2016). The Cr isotope composition of
sedimentary rocks may also be affected by the isotopic composition of riverine inputs
into semi-restricted anoxic basins (the modern oceanic residence time of Cr is only ~9.5
kyr and both river and seawater Cr isotope compositions are variable; Reinhard et al.,
2013; Scheiderich et al., 2015; D’Arcy et al., 2016; Gueguen et al., 2016; Paulukat et al.,
2016; Wu et al., 2017), and potentially even non-redox related processes (Babechuk et al.,
2017). Molybdenum isotope compositions in the upper Velkerri Formation were used to
infer the global extent of ocean euxinia (Arnold et al., 2004; Kendall et al., 2009), but this
proxy is not ideal for inferring the extent of general ocean anoxia (i.e., euxinic and
ferruginous conditions; see Kendall and Dahl et al., 2017 for a review). Further
constraints on the global extent of ocean oxygenation at 1.4 Ga using new paleoredox
proxies are thus desirable.

Recently, the non-traditional U isotope system has emerged as an independent
indicator for the extent of global ocean anoxia, exploiting the redox-sensitive behavior
and relatively long oceanic residence time of U (~400-500 kyr) compared with the
timescale of global ocean mixing (~1-2 kyr) (Stirling et al., 2007; Weyer et al., 2008;
Montoya-Pino et al., 2010; Brennecka et al., 2011a, 2011b; Asael et al., 2013; Kendall et

al., 2013, 2015; Andersen et al., 2014, 2015, 2016, 2017; Dahl et al., 2014; Azmy et al.,
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2015; Tissot and Dauphas, 2015; Lau et al., 2016, 2017; Wang et al., 2016; Noordmann
et al., 2016; Elrick et al., 2017; Lu et al., 2017). Because of the long residence time of the
conservative uranyl carbonate anion (UO,[CO;]s") in oxygenated seawater (Ku et al.,
1977; Langmuir, 1978; Dunk et al., 2002), modern open ocean seawater has a globally
homogeneous 828U 0f —0.39 + 0.01%o (Stirling et al., 2007; Weyer et al., 2008; Tissot and
Dauphas, 2015; Andersen et al., 2016; Noordmann et al., 2016). This seawater §7%U
reflects the relative extent of oxygenated versus anoxic conditions in the ocean.
Reduction of U(VI) to U(IV) and its removal to modern organic-rich sediments beneath
euxinic waters is associated with a large isotope fractionation (>0.4%o), which favors
removal of heavier >°U into sediments over lighter *°U (Weyer et al., 2008;
Montoya-Pino et al., 2010; Andersen et al., 2014, 2017; Noordmann et al., 2016). By
comparison, U removal to sediments in other marine redox settings (strongly-oxygenated
to weakly-oxygenated bottom water conditions) is associated with smaller U isotope
fractionations (<0.3%0) (Weyer et al., 2008; Brennecka et al., 2011b; Romaniello et al.,
2013; Goto et al., 2014; Andersen et al., 2015; Tissot and Dauphas, 2015; Chen X. et al.,
2016; Noordmann et al., 2016; Wang et al., 2016). At times of more extensive ocean
anoxia than today, seawater will develop lower °U because of increased preferential

235

burial of %**U relative to **°U in anoxic organic-rich sediments. Accordingly, the 5**U of

ancient black shales deposited during times of extensive ocean anoxia will be lower than
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the 8**U of modern organic-rich sediments (Weyer et al., 2008; Montoya-Pino et al.,
2010; Brennecka et al., 2011a).

Compared with Mo, the reduction and removal of U to anoxic sediments is less
dependent on dissolved H,S availability, and is largely microbially mediated, including
by sulfate- and iron-reducing bacteria (Morford and Emerson, 1999; Morford et al., 2005;
Tribovillard et al., 2006; Algeo and Tribovillard, 2009; Stylo et al., 2015). Hence, U
isotopes can better constrain the global extent of general ocean anoxia than Mo isotopes.
In this study, we report U isotope data from black shales in the Velkerri Formation that
were previously analyzed for Mo and Cr isotopes (Kendall et al., 2009; Cole et al., 2016) to
improve constraints on the extent of global ocean anoxia at 1.4 Ga.

The second objective of our study is to evaluate the effect of post-depositional
hydrothermal fluid flow on the U isotope systematics of black shales. A geologically
implausible Re-Os date was obtained for black shales of the ca. 1.73 Ga Wollogorang
Formation, and was attributed to post-depositional hydrothermal fluid flow through these
shales at ca. 1640 Ma in the southern McArthur Basin (Kendall et al., 2009). Comparison
of the extent of open-system Re-Os behavior with Mo isotope compositions of the
Wollogorang Formation shales suggested that post-depositional hydrothermal fluid flow
can alter Mo isotope compositions from the original depositional values (Kendall et al.,

2009), which would cause misinterpretation of the extent of ancient ocean euxinia. In this



139

140

141

142

143

144

145

146

147

148

149

150

151

152

153

154

155

156

157

158

study, the impact of post-depositional hydrothermal fluid flow on U isotopes is evaluated

using the same samples previously analyzed for Re-Os and Mo isotopes.

2. Samples
2.1 Velkerri Formation

The Velkerri Formation and the overlying McMinn Formation together represent one
of a cyclic series of coarsening-upward, progradational sequences in the Roper Group
that reflect deposition in a marine intracratonic basin (Roper Superbasin) influenced by
tectonic activity (Fig. 1; Abbott and Sweet, 2000). The Velkerri Formation is up to 900 m
thick (Ahmad et al., 2013) and consists predominantly of organic-rich black shales with
subordinate organic-poor glauconitic siltstones and fine-grained sandstones (Fig. 2;
Jackson and Raiswell, 1991; Warren et al., 1998; Abbott and Sweet, 2000). Organic
matter in the Velkerri Formation is thermally mature (~75-150°C), indicating that the
black shales are unmetamorphosed except close to a dolerite sill intrusion (Crick et al.,
1988; Summons et al., 1988, 1994; Taylor et al., 1994; Warren et al., 1998; George and
Ahmed, 2002).

Deposition of the black shales (total organic carbon [TOC] contents up to ~9%; Crick
et al., 1988; Jackson and Raiswell, 1991; Warren et al., 1998; Mukherjee and Large, 2016)
likely occurred in a quiet-water distal shelf environment (Abbott and Sweet, 2000). The

formation has similar organic geochemistry as the pre-Ediacaran biomarker assemblage
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facies 1 of Pawlowska et al. (2013), with high bacterial but minimal eukaryotic
contributions (Flannery and George, 2014). Previous geological (e.g., sequence
stratigraphy, presence of glauconite) and geochemical data (e.g., redox-sensitive metal
concentrations, sequence stratigraphy, pyrite sulfur isotopes, ratios of highly reactive iron
to total iron [Feyr/Fer], and degree of pyritization [DOP] values) from the Velkerri
Formation collectively suggested that the epeiric Roper seaway was at least partially
connected to the global ocean and was likely redox-stratified with low seawater sulfate
concentrations (Jackson and Raiswell, 1991; Warren et al., 1998; Abbott and Sweet, 2000;
Shen et al., 2003; Johnston et al., 2008; Luo et al., 2015; Mukherjee and Large, 2016;
Cox et al., 2016). Water column euxinia occurred at least episodically and is thought to
have been promoted by increased tectonic activity and/or increased weathering of mafic
lithologies, which would have promoted increased nutrient fluxes and thus primary
productivity in the Roper Superbasin (Mukherjee and Large, 2016; Cox et al., 2016).

Two Re-Os depositional ages of 1361 =21 Ma and 1417 £+ 29 Ma were obtained for
black shales from ~137-138 m (upper Velkerri Formation) and ~326-327 m depth (lower
Velkerri Formation), respectively, in drill hole Urapunga-4 (Kendall et al., 2009). The
Re-Os ages are stratigraphically consistent with a U-Pb zircon age of 1492 + 4 Ma for
tuff from the older Wooden Duck Member, Mainoru Formation (Jackson et al., 1999),
suggesting minimal post-depositional disturbance of Re and Os (and likely also other

redox-sensitive metals such as Mo and U) in the Velkerri Formation (Kendall et al.,
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2009). These two Re-Os dated intervals are the focus of the new U isotope analyses in
this study.

Local bottom water redox conditions during the deposition of these two intervals
were likely different (Kendall et al., 2009). High DOP values (0.90-0.92), elevated Fe/Al
ratios (1.4-1.8) relative to average upper crust (~0.4-0.5; McLennan, 2001; Lyons and
Severmann, 2006), and pronounced enrichments in Mo (106-119 ppm) point to bottom
water euxinia for the ~137-138 m interval. By contrast, lower DOP values (0.43-0.51),
elevated Fe/Al ratios (0.5-1.4), and weaker enrichments in Mo (6-9 ppm) at ~326-327 m
suggest deposition from anoxic and ferruginous (Fe**-rich) waters.

Molybdenum isotope data from the Velkerri Formation in Urapunga-4 was used to
infer the global extent of ocean euxinia at ca. 1.4 Ga (Arnold et al., 2004; Kendall et al.,
2009). The most Mo-rich black shales (from the ~137-138 m interval) with the highest
DOP values (0.90-0.92), reflecting the most euxinic water column conditions, have an
average 8”*Mo of 0.95 + 0.14%o (2SD; re-calculated relative to standard NIST SRM 3134
= 0.25%o; Négler et al., 2014) that represents a minimum value for global seawater 8"*Mo
at 1.36 Ga (any seawater-sediment Mo isotope fractionation preferentially removes lighter
Mo isotopes to sediments). For Mo concentrations of 106-119 ppm and seawater 8”*Mo of
>0.95%o, mass-balance models suggest that less than ~2% of the ca. 1.36 Ga seafloor was

covered by euxinic waters (Dahl et al, 2011; Reinhard et al., 2013).
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The samples from the ~137-138 m and ~326-327 m intervals were analyzed for Cr
isotope compositions (Cole et al., 2016). The > °Cr values (relative to NIST SRM 979) of
three samples from ~137-138 m and five samples from ~326-327 m range from —0.14%o
to +0.05%o, and from —0.14%o to —0.09%o, respectively, and thus are not significantly
different from igneous rock compositions (—0.124 £ 0.101 %o, 2SD; Schoenberg et al.,

2008).

2.2 Wollogorang Formation

The ca. 1730 Ma Wollogorang Formation (Tawallah Group) was deposited in the
Calvert Superbasin, which was tectonically influenced by a convergent margin along the
southern part of the North Australian craton (Myers et al., 1996; Page et al., 2000; Scott
et al., 2000; Southgate et al., 2000; Betts et al., 2003). The Wollogorang Formation is
~100-150 m thick and consists of dolomitic sandstone, siltstone, and mudstone, as well as
dolomitic organic-rich shales and dolostone (Fig. 3; Jackson, 1985; Donnelly and Jackson,
1988). A ~20-25 m thick unit of pyritic black shale (TOC up to ~6 wt%) containing
diagenetic dolomite nodules and dolomite veinlets occurs in the lower part of the
formation (Donnelly and Jackson, 1988; Kendall et al., 2009; Spinks et al., 2016). As for
the Velkerri Formation, the black shales of the Wollogorang Formation were likely
deposited in a low-sulfate, redox-stratified, and semi-restricted marine basin with at least

intermittently euxinic bottom waters based on sequence stratigraphic studies (Jackson et
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al., 2000; Page et al., 2000; Southgate et al., 2000) and geochemical data (Mo
enrichments, Feyr/Fer ratios, DOP values, and S isotopes; Shen et al., 2002; Kendall et
al., 2009; Spinks et al., 2016). Multiple stratigraphic horizons of both stratiform
breccia-hosted base metal sulfides and elevated whole-rock enrichments of Zn, Pb, Cu,
and TI have been found in the black shales, suggesting the Wollogorang Formation is a
candidate for SEDEX (sedimentary exhalative) mineralization (Jackson, 1985; Donnelly
and Jackson, 1988; Spinks et al., 2016).

Although thermal alteration of the Wollogorang Formation is restricted to
sub-greenschist facies (Crick et al., 1988; Donnelly and Jackson, 1988), post-depositional
hydrothermal fluid flow affected these rocks at ca. 1640 Ma (Jackson et al., 2000).
Carbon isotope compositions of polycyclic aromatic hydrocarbons (PAHs) from the ca.
1640 Ma McArthur River HYC Pb-Zn-Ag ore deposit suggest an origin from the
Wollogorang Formation rather than the host rocks of the Barney Creek Formation
(Williford et al., 2011). In addition, an overprinted paleomagnetic pole with an age of ca.
1640 Ma was identified from the Wollogorang Formation and other Tawallah Group
rocks (Idnurm et al., 1995; Idnurm, 2000). Volcanic units stratigraphically bracketing the
Wollogorang Formation (the underlying Settlement Creek Volcanics and overlying Gold
Creek Volcanics) have been leached of base metal sulfides and exhibit potassic alteration
(Cooke et al., 1998). Hot oxidized hydrothermal fluids (T > 250°C) originating from an

evaporitic environment (based on deuterium enrichment in n-alkanes from the HYC
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deposit) are thought to have leached organic matter and metals out of the Wollogorang
Formation and other Tawallah Group rocks, ascended along the Emu Fault system, and
re-deposited these materials in the Barney Creek Formation (Cooke et al., 1998; Large et
al., 1998, 2001; Garven et al., 2001; Logan et al., 2001; Rawlings et al., 2004; Williford
etal., 2011).

Post-depositional hydrothermal fluid flow at ca. 1640 Ma disturbed the Re-Os
isotope systematics in the black shales of the Wollogorang Formation. A Re-Os date of
1359 + 150 Ma derived from Wollogorang black shales at ~74-77 m depth in the Mount
Young 2 drill core (Kendall et al., 2009) is younger than U-Pb SHRIMP zircon
depositional ages of 1729 = 4 Ma and 1730 + 3 Ma for tuffaceous beds in the shales
(Page et al., 2000). The greatest degree of open-system Re-Os isotope behavior is found
in samples closest to the base of the black shale unit (suggesting fluids percolated
upwards from the basal contact), which have negative initial '*’Os/'**Os isotope ratios
and deviate most strongly from a ca. 1730 Ma reference isochron (Kendall et al., 2009).
The lowest 8 Mo values (0.3%o) were also found in samples closest to the base of the
black shale unit, suggesting that hydrothermal fluid flow altered the 8 *Mo to lower
values relative to the original depositional signatures. Although elemental redox proxies
may have been affected by the hydrothermal fluid flow, the DOP values (0.57-0.92),

Fe/Al ratios (0.3-0.7), and Mo concentrations (41-58 ppm) in these samples imply
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intermittent water column euxinia (Kendall et al., 2009; Scott and Lyons, 2012). The U

isotope compositions of these samples were measured in this study.

3. Analytical Methods

A total of 20 samples from the Velkerri Formation (6 samples from 136.98-137.89
m and 5 samples from 325.71-326.69 m in Urapunga-4) and Wollogorang Formation (9
samples from 74.27-76.96 m in Mount Young 2) were analyzed for U isotope
compositions. Sample dissolutions and separation of U via ion-exchange chromatography
were carried out in a metal-free clean room at the Metal Isotope Geochemistry laboratory,
University of Waterloo. The analytical protocols used in this study are outlined in Weyer
et al. (2008) and Kendall et al. (2013), and are briefly summarized below.

A known amount (~100 mg) of sample powder was ashed overnight at 550°C in
crucibles to remove organic matter, and then transferred to Savillex Teflon beakers for
dissolution ~in~ concentrated HF-HNO;-HCl at 110°C. Prior to ion-exchange
chromatography, a *°U-**U double spike (IRMM-3636) was added to an amount of
sample solution corresponding to 300 ng U to facilitate correction for instrumental mass
fractionation as well as any U isotope fractionation during column chemistry. After
sample-spike equilibration, U was separated from sample-spike solutions using
Eichrom® UTEVA resin. The U concentrations of these samples were measured

previously by Kendall et al. (2009) using quadrupole inductively coupled plasma mass
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spectrometry. In this study, the U concentrations of the sample solutions were calculated
using double spike isotope dilution.

Uranium isotope compositions were measured on a Thermo Scientific Neptune
multi-collector inductively coupled plasma mass spectrometer (MC-ICP-MS) at the W.M
Keck Foundation Laboratory for Environmental Biogeochemistry, School of Earth and
Space Exploration, Arizona State University. The 87U of samples is reported as per mil
deviations from the CRM145 standard as follows:

553U (%) = (238/235mele PRI 1) % 1000
Over the course of this study, two secondary standards, Ricca and CRM129a, and the
bracketing standard CRM145 (measured against itself) yielded average 5°°U values of
—0.22 + 0.06%0 (2SD; n=5), —1.69 £ 0.05%o (2SD; n=5), and 0.00 £ 0.06%o (2SD; n=56),
respectively. Over a 16-month period that included this study, the average 878U values for
Ricca and CRM129a were —0.22 + 0.07%0 (2SD; n=243) and —1.71 £ 0.09%0 (2SD;
n=237), respectively. Statistically identical values for CRM129a were reported in previous
studies (Kendall et al., 2013, 2015). The 2SD uncertainty of a sample is either the 2SD
uncertainty of sample replicate measurements or 0.08%o (the average of the long-term 2SD
uncertainty for Ricca and CRM129a), whichever is greater. Powder replicate analyses
were done for four different samples (three Velkerri samples and one Wollogorang
sample), and in each case yielded statistically identical 87U values given 2SD

uncertainties. During this study, we also measured two shale standards that were processed
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in the same manner as samples, the United States Geological Survey (USGS) standards
SBC-1 and SGR-1b, and their U values were —0.24 £ 0.10%o (2SD; n=3) and —0.19 +
0.05%o (2SD; n=3), respectively. Our measured 8**U for SBC-1 is statistically identical to

the value of —0.21 £ 0.04%o (2SD; n=3) measured by Rolison et al. (2017).

4. Results

The U and Mo concentrations, Al-normalized enrichment factors (EF =
[element/Al]sumple / [element/Al]average upper crust), and isotope compositions are reported in
Table 1 and illustrated in Fig. 4. Six U- and Mo-rich samples (U EF = 11-15; Mo EF =
168-196) from the upper Velkerri Formation have a narrow range of 8°°U between 0.03%o
and 0.12%o (average = 0.07 + 0.03%o; 1SD). By contrast, five U- and Mo-poor samples (U
EF = 2-6; Mo EF = 4-16) from the lower Velkerri Formation have lower values of §°*U
between —0.28%0 and —0.19%o0 (average = —0.24 £ 0.04%o0; 1SD) (Fig. 5). Nine samples
from the ~3 m interval in the Wollogorang Formation have variable U enrichments (EF =
7-24) and 8*°U values (~0.17%o to +0.06%o0) (Fig. 6). Distinctively different 8**U are
observed in the upper and lower parts of the Wollogorang stratigraphic interval examined
in this study (Fig. 7). Five samples from 74.27-75.53 m have negative 8°U values
between —0.17%0 and 0.00%0 (average = —0.09 = 0.07%o; 1SD), whereas the four
stratigraphically lower samples from 76.00-76.96 m have positive 8*°*U values of 0.03%o

to 0.06%o (average = 0.04 + 0.02%o; 1SD). The stratigraphic trend for the Mo isotope data



317 s opposite to that of the U isotope data, with higher 8’*Mo values in the 74.27-75.53 m
318 interval (Fig. 8; Kendall et al., 2009).

319 Uranium-bearing detrital minerals in a shale matrix can affect bulk sample 5**°U,
320  particularly if authigenic U enrichments are low. Hence, authigenic U  isotope
321  compositions (8238Uauth) were calculated using 523 8Uauth = 8238Usam — (Al/U)gqm % {(8238Udet
322 — 8Usm)/[(Al/U)get — (AV/U)gam]}, where auth = authigenic, sam = sample, and det =
323  detrital (Asael et al., 2013). The average upper crustal values for Al (8.04 wt%) and U
324 (2.8 ppm) are used to represent the detrital U endmember (McLennan, 2001). A range of
325  detrital U isotope compositions from —0.3%o (Tissot and Dauphas, 2015; Andersen et al.,
326 2016) to —0.8%0 (Holmden et al., 2015) are used to take into consideration that detrital U
327  could have variable U (e.g., preferential loss of >**U during weathering; Holmden et al.,
328  2015).

329 The upper Velkerri Formation has average 8 Uy of 0.11 £ 0.04%o0 and 0.15 + 0.04%o
330  using 8*Uge 0f—0.3%o and —0.8%o, respectively, thus yielding an overall average of 0.13 +
331  0.04%o (1SD; Table 2). The calculated ***U,yy, is only ~0.06%o higher than bulk U
332  (Table 1) because the fraction of authigenic U accounts for ~91-93% of the total U. By
333 comparison, the lower Velkerri Formation has lower average 8***Uyu of —0.21 % 0.05%o
334  and +0.05 + 0.17%o using 5>*Uge of —0.3%o and —0.8%o, respectively (overall average =
335 —0.08 £0.18%0; 1SD). In the lower Velkerri Formation, the detrital U accounts for 18-53%

336  ofthe U budget in the samples, and thus the calculated 8238Uauth 1s sensitive to the assumed
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value for §**Uyge.. The five Wollogorang Formation samples from 74.27-75.53 m yield an
overall average 8 *Uuy of —0.04 + 0.09%. (1SD), whereas the four samples from
76.00-76.96 m have a higher overall average 523 8Uauth 0f 0.10 £ 0.05%o (1SD). The fraction
of authigenic U is >85% for all nine Wollogorang Formation samples (with the caveat that

some U is potentially of post-depositional hydrothermal origin; see section 5.4).

5. Discussion
5.1 Global seawater U isotope compositions during the early Mesoproterozoic

An understanding of the local depositional environment is important for inferring
ancient seawater 8~°U using the isotopic composition of black shales, so we first review
the relevant factors and mechanisms prior to interpreting our data. The magnitude of U
isotope fractionation in anoxic settings is variable and depends on several factors,
including the site of U removal (water column or sediments), degree of basin restriction,
and microbially-mediated processes (Anderson et al., 2014, 2017). Microbial activity
(including iron- and sulfate-reducers) is thought to be the major mechanism for reducing
U(VD to U(V), and is associated with U isotope fractionations of 0.68%o0 to 0.99%o
(average ~0.85%0) based on laboratory experiments (Basu et al., 2014; Stylo et al., 2015;
Stirling et al., 2015). A U isotope fractionation of 0.62 + 0.17%o was observed between
anoxic sediments and bottom waters in the relatively open-ocean Saanich Inlet (Holmden

et al., 2015). Similar U isotope fractionations of 0.6-0.8%o were determined for the Black
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Sea and Kyllaren fjord (Norway) (Noordmann et al., 2015; Rolison et al., 2017). However,
the strong basin restriction in the Black Sea and Kyllaren fjord has resulted in 5% 8Uauth
values for the euxinic sediments that are only about ~0.4%o higher than global seawater,
reflecting slow rates of deep-water recharge and partial U drawdown in the deep waters
(Weyer et al., 2008; Montoya-Pino et al., 2010; Noordmann et al., 2015). Restricted water
exchange has also caused the deep waters of the Black Sea and Kyllaren fjord to have

87"U than global seawater because of preferential ***U removal to the euxinic

lower
sediments (Noordmann et al., 2015; Rolison et al., 2017).

Based on the observations from experiments and modern anoxic basins, the U isotope
fractionation between seawater and relatively open-ocean (i.e., no more than moderately
restricted) euxinic sediments may be 0.60-0.85%o. The lower end of this range may
represent U reduction and removal from solution below the sediment-water interface such
that transport-diffusion processes limit the magnitude of U isotope fractionation (Andersen
et al., 2014). Uranium removal in the water column or at the sediment-water interface may
be associated with a larger U isotope fractionation (Andersen et al., 2017).

The experimental data for microbially mediated U(VI) reduction (Basu et al., 2014;
Stylo et al., 2015; Stirling et al., 2015) implies that U isotope fractionation may be similar
in euxinic and ferruginous settings, although further studies are needed to confirm the

fractionation factor for ferruginous environments. Hence, we tentatively assume a U

isotope fractionation of 0.60-0.85%o for U removal in ferruginous settings. This approach
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is conservative because assuming a lower fractionation factor (<0.3%o) for ferruginous
conditions may yield an erroneously high estimate of seawater 8°°U and thus an
overestimate for the extent of global ocean oxygenation.

The U isotope fractionation associated with U removal to the Velkerri sediments
may not be affected significantly by basin restriction. The epeiric Roper seaway was
probably not more than moderately restricted from the global ocean based on high Mo
concentrations (106-119 ppm) and Mo/TOC ratios (13-16 ppm/wt%) in the euxinic upper
Velkerri interval. High Mo enrichments and Mo/TOC ratios in euxinic shales suggest
access to a large dissolved Mo reservoir (Algeo and Lyons, 2006). Notably, the Mo/TOC
ratios of the upper Velkerri interval are higher than those observed in euxinic sediments
of the more restricted Black Sea (~4.5 ppm/wt%), and intermediate between the
Framvaren Fjord (~9 ppm/wt%) and the less restricted Cariaco Basin (~25 ppm/wt%)
(Algeo and Lyons, 2006). Because seawater Mo concentrations were probably lower in
the mid-Proterozoic compared with today (resulting in lower overall Mo/TOC ratios in
euxinic shales from the mid-Proterozoic; Scott et al., 2008), the upper Velkerri Mo/TOC
ratios only provide a loose maximum constraint on the degree of Roper basin restriction
from the open ocean when comparing with Mo/TOC ratios of sediments from modern
semi-restricted euxinic basins. Low Mo concentrations (6-9 ppm) in the lower Velkerri
interval likely reflect lower rates of Mo burial during deposition from anoxic and

ferruginous bottom waters (as indicated by high Fe/Al ratios and low DOP values) rather
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than a strongly restricted basin.

Assuming that the Roper seaway was no more than moderately restricted, then
applying a U isotope fractionation factor of 0.60-0.85% to the average 8> Uy of 0.13%o
for the upper Velkerri interval yields a global seawater §>°*U of —0.47%o to —0.72%o for ca.
1.36 Ga. By comparison, global seawater 8*°°U at 1.42 Ga may have been —0.68%o to

—0.93%o based on the average 8238Uauth of —0.08%o0 for the lower Velkerri interval.

5.2 Uranium isotope mass balance modelling of the extent of global ocean anoxia during

the early Mesoproterozoic

The extent of ocean anoxia during deposition of the upper and lower Velkerri intervals
can be estimated through U isotope mass-balance modeling. A simple steady-state
mass-balance approach can be used to estimate the relative size of the anoxic U sink
(organic-rich sediments deposited from euxinic and ferruginous bottom waters) and all
other marine U sinks (pelagic/hemipelagic muds, carbonates, metalliferous sediments,
hydrothermally altered oceanic crust [oxic settings], and relatively more organic-rich
sediments deposited from weakly or mildly oxygenated bottom waters where the depth of
O; penetration below the sediment-water interface is < 1 cm [suboxic settings]; cf. Morford
and Emerson, 1999, Morford et al., 2005; Wang et al., 2016). The mass-balance model is
given by the following equation (Montoya-Pino et al., 2010):

6238[Jinput = (fother X 6238Ijother) + (fanox X 8238Uanox) (I)
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where input = riverine U inputs, anox = anoxic sinks, other = all other U sinks, f = the
fraction of U removed to each sink (fother T fanox =1), 8238UanoX = 8238Usewater + Aanoxic, and
8238U0ther = 6238Useawater + Aomer (A = magnitude of U isotope fractionation between
seawater and the associated sink).

Rivers are the only major source of U to the modern oceans (Dunk et al., 2002). A
large range of 8°°U (—0.72%o to +0.06%o) is observed in rivers, likely reflecting variation
in catchment lithology, and the overall average riverine 5>>*U is estimated to be —0.34%o to
—0.24%o (Tissot and Dauphas, 2015; Andersen et al., 2016, 2017; Noordmann et al.,
2016). The riverine average is similar to the average for the upper continental crust
(—0.3%o0), suggesting minimal net isotope fractionation during weathering at a global scale
(Weyer et al., 2008; Telus et al., 2012; Tissot and Dauphas, 2015; Noordmann et al., 2016)
despite evidence that weathered detrital material can have isotopically lighter U than the
upper crust (Holmden et al., 2015). Rivers at 1.4 Ga may have had broadly similar §*U
as modern rivers because the upper continental crust likely has had a broadly similar
chemical composition since the end of the Archean (Andersen et al., 2015; Dhuime et al.,
2015; Tang et al., 2016).

For U sinks in the modern marine environment, the U isotope fractionation for
relatively open-ocean anoxic settings is assumed to be 0.60-0.85%o, as discussed
previously in section 5.1. A weighted average 8**U (~0.36%o) and U isotope fractionation

(+0.04%o) from seawater can be calculated for the other (non-anoxic) sinks based on each
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sink’s U flux and isotopic composition (Table 3; Tissot and Dauphas, 2015; Andersen et al.,
2016; Wang et al., 2016). Similar magnitudes of isotope fractionation for the anoxic and
non-anoxic sinks has been assumed for ancient oceans (Montoya Pino et al., 2010;
Brennecka et al., 2011). If the extent of ocean anoxia was greater at 1.4 Ga than today, then
the extent of suboxic ocean floor was potentially also greater, whereas the extent of
oxygenated ocean floor was smaller. In this scenario, the overall U isotope fractionation
factor for the other sink may be slightly higher (e.g., 0.1%o, similar to the suboxic
fractionation factor; Weyer et al., 2008; Andersen et al., 2016).

The 8**%U,,0x at 1.36 Ga is based on the average 523 8Uum Of the upper Velkerri shales
(0.13%o). For seawater 8°°U of —0.47%o t0 =0.72%o, 8> Uomer is calculated to be —0.43%o
to —0.68%o, respectively, assuming a fractionation factor of +0.04%o (Table 3). Solving the
mass-balance equation for funox yields 23-47%, and thus fomer is 53-77%. Alternatively,
assuming a fractionation factor of 0.10%o for the other sink yields 5238U0ther of —0.37%o to
—0.62%o, and thus f,,0x and fomer would comprise 14-43% and 57-86% of U removal from
the oceans at 1.36 Ga, respectively. These simple calculations suggest that the anoxic U
sink at 1.36 Ga was roughly 2-7 times larger compared with the modern ocean (7-10%).

A greater proportion of riverine U may have been removed into anoxic sediments
during deposition of the lower Velkerri interval at 1.42 Ga. For seawater 8>°U of —0.68%o
to —0.93%o, 5 Usgher is —0.64%o to —0.89%o, respectively, for a fractionation factor of

+0.04%0. When 8% 8Uanox = —0.08, then faox and fymer are calculated to be 61-73% and
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27-39%, respectively. If a fractionation factor of 0.10%o is used for the other sinks, then
8238U0ther 18 —0.58%o0 to —0.83%o, and fy0x and fomer are 56-71% and 29-44%, respectively.
Hence, the anoxic U sink at 1.42 Ga may have been 6-10 times larger compared with the
modern ocean. The range of possible f,,0x and fimer does not account for the uncertainty
on the average 523 8Uauth. Consequently, the estimated magnitude of each U sink is
associated with a large uncertainty for the lower Velkerri interval, which has a
significantly larger 1SD (0.18%o) for average 87U, compared with the upper Velkerri
interval (0.04%o).

Although commonly used, the above model is an oversimplification of the oceanic
U isotope mass balance (for example, U burial fluxes are not scaled to the size of the
seawater U reservoir) and does not provide meaningful information on the area of
seafloor covered by different redox regimes. To infer the areal extent of seafloor anoxia
during deposition of the upper and lower Velkerri intervals, we used the recent U isotope
model of Wang et al. (2016). The model is summarized below, with full details provided
in Wang et al. (2016).

The global seawater U concentration can be expressed as the difference between
riverine input flux and total U output flux to the seafloor (Goto et al., 2014):

dMsw/ dt = F,— 2 F; (IT)

where Mgy is the seawater U mass, F, is the riverine input flux (mol/yr), and X' F; is the

total U output flux to anoxic, suboxic, and oxic sinks (mol/yr). Similarly, the seawater
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87U can be expressed as:
d(Msw dsw) / dt = F,. 8, — X F; (dsw + Ay) (110)
where dg and 0, are the seawater 5**%U and river &% SU, respectively, and A; is the U
isotope fractionation between seawater and each sink (anoxic, suboxic, and oxic; see
Table 4). Assuming steady-state conditions, then dMsy/ df and d(Msy Ss) / dt are both
zero (Andersen et al., 2016) and equations (II) and (III) become:
F.=2F; (IV)

Osw =0, — 2 fi A V)
where f; is the fraction of the U burial flux in each sink with respect to the river input (F; /
F,). If a first-order relationship exists between each sink’s burial flux and the global
seawater U concentration (Partin et al., 2013; Reinhard et al., 2013), then:

Fi =ki A;[U] (VI)
where A; is the areal extent of seafloor for each U sink; [U] is the seawater U
concentration, and %; is an effective burial rate constant for each sink based on its modern
seafloor area and burial flux (see Table 4 for values used in the model). It then follows
that:

8S w= 8r *[Aanoxif*kanoxir*Aanoxir + Acuboxicﬂcsuboxic*_Asuboxir + AM*kM*AM] (VH)

[Aanoxic*kanoxic + Asuboxic*ksuboxic + onic*koxic]
The areal extent of anoxic seafloor was calculated for a range of possible suboxic

seafloor areas (from the modern area of 6% up to a maximum of 100%) that may have



497  occurred in the global ocean at 1.4 Ga (Fig. 9). For both the upper and lower Velkerri
498 intervals, the anoxic seafloor area was calculated assuming two end-member local and
499  global anoxic fractionation factors (0.60%o and 0.85%o), based on observations in modern
500 anoxic environments and experiments with microbially-mediated reduction of U(VI) to
501 UIV) (Weyer et al., 2008; Montoya-Pino et al., 2010; Andersen et al., 2014; Basu et al.,
502 2014; Holmden et al., 2015; Noordmann et al., 2015; Stylo et al., 2015; Stirling et al.,
503  2015; Rolison et al., 2017). General trends from this model include: 1) seawater §*U

528U decreases as the

504  decreases as the anoxic seafloor area increases; 2) seawater
505 suboxic seafloor area decreases at a constant areal extent of anoxic seafloor; 3) for a
506  constant seawater 5> U, a greater anoxic seafloor area is calculated for higher areas of
507  suboxic seafloor (thus the oxic seafloor area must decrease); 4) using a higher U isotope
508 fractionation factor for local removal of U to anoxic sediments yields a lower global

509 seawater 8%

U and thus a greater areal extent of ocean anoxia; and 5) using a higher U
510 isotope fractionation factor for the global anoxic sink results in a lower estimate for the
511 areal extent of ocean anoxia.

512 For the upper Velkerri interval, assuming a global anoxic fractionation factor of 0.60%o
513 yields an anoxic seafloor area of <3% if seawater 8°°U was —0.47%o, and <25% when
514  seawater 5°U was —0.72%o (Fig. 9). If we assume a global anoxic fractionation factor of

515  0.85%o, then an anoxic seafloor area of <3% and <20% is calculated for seawater 5°>°U of

516  —0.47%o0 and —0.72%o, respectively. Considering the maximum areal extent of euxinic
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seafloor (~2%) suggested by Mo mass balance models (see section 2.1), the higher
estimates of seafloor anoxia derived from the U mass balance model implies that most of
the anoxic seafloor was ferruginous. The maximum extent of anoxic seafloor area (nearly
25%) implied by the model is ~70 times larger than the modern anoxic seafloor area
(0.35%), which nevertheless comprises a relatively small fraction of the seafloor. Hence,
much of the seafloor was covered by oxic and suboxic waters during deposition of the
upper Velkerri interval. It is noted that if the local anoxic fractionation factor was <0.6%o
because the extent of restriction between the Roper seaway and open ocean was
underestimated, then a greater extent of ocean oxygenation would be inferred from the
mass balance model.

By comparison, the lower average &> Ugun (—0.08 £ 0.18%o0) of the lower Velkerri
interval is consistent with a greater areal extent of ocean anoxia. If the global anoxic
fractionation factor was 0.60%o, then an anoxic seafloor area of <20% and up to 100% is
calculated for seawater 8**U of —0.68%o and —0.93%o, respectively. If the global anoxic
fractionation factor was 0.85%o0, then an anoxic seafloor area of <20% and <40% is
calculated for seawater 8***U of —0.68%o and —0.93%o, respectively. Hence, the U isotope
mass balance model permits the possibility of widespread coverage of the global seafloor
by anoxic waters (of predominantly ferruginous character; Planavsky et al., 2011;

Reinhard et al., 2013) during deposition of the lower Velkerri interval at 1.42 Ga. By
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contrast, the U model does not suggest widespread coverage of the global seafloor by

anoxic waters during deposition of the upper Velkerri interval at 1.36 Ga.

5.3 Transient episode of ocean oxygenation at 1.36 Ga

Our estimate for seawater 6> U during the upper Velkerri interval (—0.47%o to
—0.72%o0) does not reach values as low as some estimates for seawater > U during
Phanerozoic intervals characterized by more extensive ocean anoxia than today (about
—0.60%o0 to —0.90%o), including the late Katian in the Ordovician (Lu et al., 2017), the
Cretaceous Oceanic Anoxic Event 2 (Montoya-Pino et al., 2010), and the late Permian
(Brennecka et al., 2011a; Lau et al., 2016; Elrick et al., 2017). Hence, the upper Velkerri
interval was potentially deposited at a time of greater ocean oxygenation compared to
some anoxic Phanerozoic intervals.

The upper Velkerri Formation may have been deposited at a time of greater ocean
oxygenation compared with the lower Velkerri Formation. Uranium isotope data covering
the entire stratigraphy of the Velkerri Formation in the Urapunga-4 core could not be
presented because samples were originally collected only with Re-Os geochronology in
mind (Kendall et al., 2009). Despite this shortcoming, the 1 m interval in the upper
Velkerri interval analyzed in this study is of key strategic importance in that it captures
higher Mo and U concentrations compared with other euxinic shales in Urapunga-4 and

most other mid-Proterozoic euxinic black shales (Fig. 4; Scott et al., 2008; Partin et al.,
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2013; Mukherjee and Large, 2016). Similarly, an interval of high Mo and U
concentrations was also observed in euxinic shales from the thicker Velkerri Formation in
the Altree 2 drill core (Cox et al.,, 2016), which are potentially correlative with the
interval of peak Mo and U enrichment in Urapunga-4. These higher U and Mo
enrichments point to a larger dissolved oceanic inventory of Mo and U, which in turn
implies a smaller extent of anoxic seafloor where these metals are most efficiently
removed to sediments (i.e., slower Mo and U burial rates occur in weakly- to
strongly-oxygenated settings; Scott et al., 2008; Partin et al., 2013). Hence, the elemental
record and U isotope data together suggest that the upper Velkerri Formation captures a
transient episode of ocean oxygenation at ca. 1.36 Ga. Geochemical data from
sedimentary rocks of broadly similar age in Russia and China are consistent with this
hypothesis (Sperling et al., 2014; Zhang et al., 2016). Given uncertainties in depositional
age constraints, it is not clear if there were one or more short-lived oxygenation episodes
around 1.4 Ga.

It is important to note that despite the relatively small extent of seafloor anoxia
during the upper Velkerri oxygenation event, the U isotope mass balance model does not
require high O, levels in the O,-bearing deep waters. The model permits the possibility
that non-anoxic portions of the seafloor were covered predominantly by weakly
oxygenated waters. This scenario is potentially compatible with the low 8°Cr signatures

(—=0.14%0 to +0.05%0; Cole et al., 2016) in the upper Velkerri Formation, which are
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similar to igneous rock compositions (average 8°Cr = —0.124 + 0.101 %o, 2SD;
Schoenberg et al., 2008), and thus suggest low atmospheric O, levels (<0.1-1.0% of
modern levels) and limited Cr-Mn redox cycling (Planavsky et al., 2014, 2016; Cole et al.,
2016). Sedimentary rocks with higher 8°°Cr than the igneous baseline are thought to
reflect pronounced Cr-Mn redox cycling and higher atmospheric O, levels (Crowe et al.,
2013; Planavsky et al., 2014; Cole et al., 2016).

It is possible, however, that environmental O, levels were somewhat higher than
implied by the low 8Cr for the upper Velkerri interval. A small, but non-trivial,
proportion of Neoproterozoic and Phanerozoic shales and ironstones have low ”°Cr at or
near the igneous baseline, and were deposited broadly coeval with rocks containing
higher 8>°Cr. Recent studies demonstrate that modern seawater has variable 8°°Cr and,
importantly, that seawater in semi-restricted basins can have lower 8°°Cr compared with
open-ocean seawater (the modern oceanic residence time of Cr is only ~9.5 kyr; Reinhard
et al., 2013; Scheiderich et al., 2015; Gueguen et al., 2016; Paulukat et al., 2016). Notably,
seawater in the Baltic Sea reaches 5°>Cr values as low as 0.13%o, significantly lower than
seawater in the adjoining open North Sea (0.94-1.02%o; Paulukat et al., 2016). Some
modern rivers have 8°°Cr only slightly higher than their bedrock sources, suggesting
single-stage oxidation of Cr(IIl) to Cr(VI) dominates during weathering (with an
associated Cr isotope fractionation of ~0.1-0.3%o) without significant back-reduction to

Cr(IT) (D’ Arcy et al., 2016; Wu et al., 2017). Hence, it is possible that sedimentary rocks
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deposited in a relatively well-oxygenated world might contain §>*Cr that is only weakly
fractionated relative to igneous rocks, even if such instances are relatively rare.

These observations, together with the greater sensitivity of Cr isotopes to partial
basin restriction than U isotopes (the modern oceanic residence time of U is between 1
and 2 orders of magnitude longer than Cr), suggest that local depositional factors may
explain the low 8°°Cr in the upper Velkerri euxinic sediments. Just as seawater 5> Cr was
closely captured by euxinic sediments in the Cariaco Basin (Reinhard et al., 2014;
Gueguen et al., 2016), the 8*Cr of the upper Velkerri euxinic shales may capture Roper
seawater 8 >Cr. The low &°°Cr of the upper Velkerri euxinic shales may reflect the input
of freshwater with low 8Cr. If the regional bedrock sources to rivers draining into the
Roper seaway had §7°Cr at the low half of the observed range for igneous rocks, and
single-stage oxidation of Cr(IIl) to Cr(VI) dominated during weathering, then the Roper
seawater and upper Velkerri euxinic shales may have had 8°*Cr that was not appreciably
different from the igneous baseline. In that scenario, atmospheric O, levels during the
upper Velkerri oxygenation event could have been higher (>0.1-1.0% of modern levels)
than previously suggested. In summary, the low 8Cr signatures of the upper Velkerri
euxinic shales are not incompatible with the U isotope evidence for a transient

oxygenation event at 1.36 Ga.

5.4 Disturbance of U isotopes in the Wollogorang Formation by post-depositional
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hydrothermal fluid flow

To evaluate the effect of post-depositional hydrothermal fluid flow on the U isotope
compositions of the Wollogorang Formation, we compared the Re-Os and U isotope data.
A Re-Os isochron date of 1359 + 150 Ma was derived from linear regression of all
Wollogorang Formation samples (Kendall et al., 2009), and is erroneously young when
compared with the U-Pb zircon depositional ages of 1729 + 4 Ma and 1730 + 3 Ma for
tuffaceous beds in the formation (Page et al., 2000). The initial 70s/'"%0s from the
regression (3.5 £ 1.5) is higher than reasonable '%70s/'%0s values for upper continental
crust during the Paleoproterozoic (which should have had lower '*’Os/'®*Os than the
modern upper crustal average of 0.8-1.4; Esser and Turekian, 1993; Peucker-Ehrenbrink
and Jahn, 2001; Hattori et al., 2003; Chen K. et al., 2016). This observation is implausible
because there is no large solid Earth reservoir more radiogenic than the upper continental
crust (Kendall et al.; 2009).

The Re-Os isotope compositions of black shales from 76.00-76.96 m in the Mount
Young 2 drill core (closest to the base of the Wollogorang black shale unit) were affected
more by post-depositional hydrothermal fluid flow than the black shales from
74.18-75.53 m. Larger deviations from a ca. 1730 Ma reference Re-Os isochron were
observed for samples from 76.00-76.96 m relative to 74.18-75.53 m (Kendall et al., 2009).
This observation is reflected by contrasting Re-Os dates of 1781 = 190 Ma and 1234 + 370

Ma for 74.18-75.53 m and 76.00-76.96 m, respectively. The Re-Os date from 74.18-75.53
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m is consistent with the U-Pb zircon ages and thus is geologically reasonable, but the
Re-Os date from 76.00-76.96 m is erroneously young (Page et al., 2000; Kendall et al.,
2009).

Black shales from 76.00-76.96 m have higher 8238Uauth (0.10 £ 0.05%0) than black
shales from 74.27-75.53 m (—0.04 £ 0.09%o). An unpaired ¢ test confirms that the difference
in 8”**U between the two intervals is statistically significant (two-tailed p value of 0.0279).
Using the Re-Os isotope data as a guide to the extent of open-system behavior, we suggest
that post-depositional hydrothermal fluid flow altered the 82*%U of at least the black shales
at 76.00-76.96 m to higher values relative to the original depositional values.

By contrast, there is no correlation between 8**U and U abundances (Fig. 7) and an
unpaired ¢ test shows that the U EFs for samples from 74.27-75.53 m and 76.00-76.96 m
are not significantly different (two-tailed p value of 0.8149). However, variability in
authigenic U enrichments in the Wollogorang Formation may have masked the effect of
post-depositional hydrothermal fluid flow on the U concentrations of the black shales.

Oxidizing hydrothermal fluids are suggested to have leached metals and organic
matter out of the Wollogorang Formation and deposited these materials in the Barney
Creek Formation during formation of the McArthur River HYC Pb-Zn-Ag deposit at ca.
1640 Ma (Cooke et al., 1998; Large et al., 1998, 2001; Garven et al., 2001; Logan et al.,
2001; Rawlings et al., 2004; Williford et al., 2011). The samples exhibiting the greatest

extent of open-system behavior with respect to Re-Os isotopes have the highest §**U
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(this study) and lowest &°Mo (Kendall et al., 2009) (Fig. 8). Hence, oxidizing
hydrothermal fluids may have preferentially leached lighter U isotopes and heavier Mo
isotopes out of the Wollogorang Formation. Alternatively, the black shales were reducing
traps for Mo and U carried by the hydrothermal fluids. Based on the observed isotopic
trends in the Wollogorang black shale unit, this alternative scenario caused preferential
addition of isotopically heavier U and isotopically lighter Mo to the Wollogorang shales,
consistent with the observed direction of isotope fractionation during Mo and U removal
from the water column to organic-rich sediments in modern anoxic basins (e.g., Neubert et
al., 2008; Weyer et al., 2008).

Our data suggest that post-depositional hydrothermal fluid flow can shift the §°*U
and &°*Mo of black shales to higher and lower values, respectively, compared with original
depositional signatures. Consequently, the Wollogorang shales may yield an erroneous
underestimate and overestimate of the global extent of ocean anoxia and euxinia using U
and Mo isotope data, respectively. It is noted that we cannot exclude the possibility that
the different 8***U of the 74.27-75.53 m and 76.00-76.96 m intervals reflects a change in
ocean redox conditions rather than hydrothermal alteration. However, it is not advisable
to assume U (and Mo) isotope data from black shales represent depositional signatures
when there is clear evidence of open-system behavior for Re-Os isotopes from the same

shales due to post-depositional hydrothermal fluid flow.
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6. Conclusions

An average 6238Uauth of 0.13 + 0.04%o0 from a ~1 m interval in the upper Velkerri
Formation (drill hole Urapunga-4) suggests that seawater 5°°U at 1.36 Ga was ~ —0.47%o
to —0.72%o, assuming an isotope fractionation of 0.60-0.85%o during local U removal to
sediments. A lower seawater 8>°U of ~—0.68%o to —0.93%o at 1.42 Ga may have occurred
during deposition of a 1 m interval in the lower Velkerri Formation, based on its average
8 Usutn of —0.08 % 0.18%o. Uranium isotope mass-balance modeling suggests that <25%
of the seafloor was anoxic during deposition of the upper Velkerri interval, whereas more
widespread seafloor anoxia may have existed during deposition of the lower Velkerri
interval. Hence, a transient episode of increased ocean oxygenation may have occurred at
1.36 Ga. This oxygenation event can explain higher Mo and U concentrations (suggestive
of a higher dissolved Mo and U inventory in the oceans) in the upper Velkerri interval than
other euxinic shales in the Velkerri Formation as well as other mid-Proterozoic euxinic
shales. Sedimentary rocks from Russia and China that yield geochemical evidence for
O,-bearing deep waters potentially capture the same oxygenation event recorded in the
upper Velkerri Formation, but the uncertainties in depositional age constraints for these
three different localities means that multiple oxygenation events around 1.4 Ga are also
possible.

Comparison of the extent of open-system Re-Os isotope systematics with U isotope

data for black shales of the Wollogorang Formation suggests that hydrothermal alteration
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affected U isotope compositions. Higher §°°U near the base of the Wollogorang black
shale unit suggests that isotopically heavy U was added to the shales via U reductive
capture or that isotopically lighter U was leached from the shales by hydrothermal fluids.
Hence, hydrothermal alteration of black shale U isotope compositions, if not recognized,

will lead to erroneous interpretations of ocean paleoredox conditions.
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Figure Captions

Fig. 1. Regional geological map of the McArthur Basin in Northern Australia. The

location of the two drill holes Urapunga-4 (Velkerri Formation) and Mount Young 2

(Wollogorang Formation) are shown. Modified from Volk et al. (2005), Kendall et al.
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(2009), and Mukherjee and Large (2016).

Fig. 2. Lithostratigraphy of the Velkerri Formation in drill hole Urapunga-4. Re-Os
depositional ages from Kendall et al. (2009). Modified from Mukherjee and Large

(2016).

Fig. 3. Lithostratigraphy of the Wollogorang Formation in drill hole Mount Young 2.
Modified from Donnelly and Jackson (1988) and Kendall et al. (2009). U-Pb zircon ages

of tuffaceous beds are from Page et al. (2000).

Fig. 4. Geochemical profiles for the Velkerri Formation (drill hole Urapunga-4).
Lithostratigraphic column is modified from Mukherjee and Large (2016). For the
geochemical profiles spanning the entire Velkerri Formation (blue circles), the TOC, S,
Mo, and U data are from Mukherjee and Large (2016); the 8’*Mo data are from Arnold et
al. (2004); and the Fepr/Fer and DOP data are from Shen et al. (2003). The red circles
denote data from Kendall et al. (2009) and this study. The blue dashed line at Feyr/Fer =
0.38 and the red dashed line at DOP = 0.45 represent the threshold above which local
bottom waters were likely anoxic. DOP values above 0.75 likely represent euxinic
conditions (Raiswell et al., 1988; Raiswell and Canfield, 1998; Lyons and Severmann,

2006). No TOC or Mo isotope data exist for the lower Velkerri interval (325.71-326.69
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Fig. 5. 8***U versus Ugr for the Velkerri Formation. Upper Velkerri and Lower Velkerri
refers to samples from 136.98-137.89 m and 325.71-326.69 m in Urapunga-4,

respectively.

Fig. 6. Geochemical profiles for the Wollogorang Formation (drill hole Mount Young 2).
Lithostratigraphic column is modified from Donnelly and Jackson (1988) and Kendall et
al. (2009). The DOP, Fe1/Al, §”*Mo, and Mo EF data are from Kendall et al. (2009). The
red squares denote data from 76.91-76.96 (dol) (shale material adjacent to a dolomite

veinlet). The red dashed line denotes DOP = 0.45.

Fig. 7. 8”*U versus Ugr for the Wollogorang Formation. Shallow Wollogorang and Deep
Wollogorang refers to samples from 74.27-75.53 m and 76.00-76.96 m in Mount Young

2, respectively.

Fig. 8. 8"*Mo versus >°*U for the Wollogorang Formation and upper Velkerri Formation.
Shallow Wollogorang and Deep Wollogorang refers to samples from 74.27-75.53 m and
76.00-76.96 m in Mount Young 2, respectively. Upper Velkerri refers to samples from

136.98-137.89 m in Urapunga-4.
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Fig. 9. Results of U isotope mass balance modelling, showing 8238Usewater Versus anoxic
seafloor area, assuming a global U isotope fractionation factor of A) 0.60%o and B) 0.85%o
between seawater and anoxic sediments. The 8°Usewaer for the upper. Velkerri
Formation (blue) is —0.47%o to —0.72%o, whereas 8238Usea\,mer for the lower Velkerri
Formation (purple) is —0.68%0 to —0.93%o (assuming local fractionation factors of
0.60-0.85%o during U removal from seawater to the Velkerri sediments). Dashed line

represents modern 8238Useawater (=-0.39%o).
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Table 1. Geochemical data for black shales from
the Velkerri Formation and Wollogorang

Formation.
Core Al Fe U UM & 28D 2SD &2 2SD 2SD F D
0 0
denth? w w ( E 0 Mo Mea Rep U Mea Rep e/ O
e
(II;) t% t% p nIiI)) r e (%o sure orted (%o sure orted A P
) ) m) b b )C d d ) d (S 1 f
Velkerri Formation
(drillhole Urapunga-4)
1
136. 1 )
36.9 12 11 1 1.0 0.0 1. 0
8-137. 3.1 5.6 9 0.14 0.15 0.08 0.08 9
g 2 . 5 3 8
05 4 2
8
136.9
8-137. 14 0.0 003 0.08
05 3 7
(rpt)
1
137.1 13 11 2 ! 0.8 0.0 1. 0.
9-137. 32 5.1 8 0.10 0.15 0.02 0.08 9
9 0 . 6 8 6
26 4 0
5
137.2 ! 1 0
) 14 10 4 0.9 0.1 1.
6-137. 29 53 9 0.06 0.15 0.07 0.08 9
L8 6 . 8 0 8
33 6 2
7
137.4 ! 1 0
’ 14 11 1 0.9 0.0 1.
6-137. 3.8 54 6 0.11 0.15 0.03 0.08 9
L 9 1 9 4
52 8 2
2
137.7 ! 1 0
’ 14 10 2 0.9 0.1 1.
5-137. 33 5.6 7 0.15 0.15 0.08 0.08 9
g 5 . 8 2 7
79 1 1
8
137.8 ! 1 0
) 16 11 3 0.9 0.0 1.
4-137. 3.5 52 7 0.09 0.15 0.02 0.08 9
S 4 . 1 4 5
89 5 0
5
137.8 16 0.0
0.08 0.08
4-137. .5 6



89

(rpt)

325.7 5
1-325. 2.9 4.0 6’ 8.6
78

326.2

0-326. 4.6 3.3 56' 8.8
28

326.4

2-326. 7.9 3.6 52 6.0
48

326.4 A
8-326. 3.6 3.5 8’ 6.0
55

326.4

8-326. 4,

55 8
(rpt)

326.6 5

2-326. 4.6 4.2 2' 7.5
69

Wollogorang Formation

(drillhole Mount Young 2)

74.277- 15
74.99 33 24 5 58

74.35- 13
7438 i

75.08- 11
75.11 ' T

75.48- 22
26 1.
75.51 6 18 1 >

75.51- 29 15 17 56

0.6

0.8

1.0

0.7

1.0

0.11

0.01

0.07

0.12

0.18

0.15

0.15

0.15

0.15

0.18

0.03

0.04

0.10

0.07

0.05

0.05

0.06

0.06

0.06

0.00

0.02

0.08

0.08

0.10

0.08

0.08

0.08

0.08

0.08

0.08

0.08

0.08

W A SO W kO

IV = S RN

e
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1177

1178

1179

1180

1181

1182

1183

1184

75.53

76.00-
76.03

76.00-
76.03

(rpt)

76.03-
76.08

76.91-
76.96

76.91-
76.96 2.8
(dol)

1.5

1.7

1.4

17

17

18

21

19

56

52

56

49

8

0.6

0.6

0.3

0.3

0.09

0.07

0.11

0.12

0.15

0.15

0.15

0.15

06

0.0

0.0

0.0

0.0

0.0

0.06

0.09

0.09

0.05

0.09

0.08

0.09

0.09

0.08

0.09

w S

(CEENCIE I )

e

Note: U concentration and isotope data are from this study; Al, Fe, Mo, and DOP data are

from Kendall et al. (2009).

ace

rpt” = full powder replicate analysis; "dol" = shale material adjacent to dolomite veinlet.

"EF = enrichment factor = (metal/Al)sampie / (metal/Al)average upper crust- Upper crust data (Al =

8.04 wt%, U = 2.8 ppm, Mo = 1.5 ppm) are from McLennan (2001).

‘Molybenum isotope data from Kendall et al. (2009) have been re-calculated relative to

NIST SRM = 0.25%o.

reported uncertainty for 8°*Mo is the 2SD of replicate measurements or 0.15%o, whichever

is greater (Kendall et al., 2009).
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*reported uncertainty for 5*>°U is the 2SD of replicate measurements or 0.08%o, whichever
is greater.

'DOP = degree of pyritization.



Table 2. Authigenic U isotope composition and proportion of authigenic U in

the Velkerri Formation and Wollogorang Formation.

Core Al U & 28D 2SD° 88U, fun faer 6°%Us  founn  faer

depth* (wt (pp U Measu Repor n 4 (% (%
(m) %) m) (%)  red ted (%0) (%) ) (%0) (%) )
Velkerri Formation 6238Udetd = 6238Udetd =
(drillhole Urapunga-4) -0.3%o -0.8%o
136.98- 12. 91. 91.
A . . . . . A1 .
137.05 3 . 0.03 0.08 0.08 3 0.06 4 86 0 4 8.6
137.19- 13. 92. 92.
2 . .02 . A1 . 1 .
137.26 3 9 0.08 0.0 008 3 0 0 8.0  0.16 0 8.0
137.26- 14. 93. 93.
2. 1 . . 1 q 1 .
137.33 9 g 0.10  0.07 0.08 3 0.13 3 6.7 0.16 3 6.7
137.46- 14. 91. 91.
137.50 3.8 g 0.09 0.03 0.08 3 0.12 0 9.0 0.17 0 9.0
137.75- 14. 92. 92.
3.3 0.12  0.08 0.08 3 0.16 7.9 0.20 7.9
137.79 7 1 1
137.84- 16. 92. 92.
137.89 3.5 5 0.04 0.02 0.08 3 0.07 6 7.4  0.11 6 7.4
325.71- -0.2 81. 18. 81. 18.
2. . . . -0.1 -0.
32578 9 56 0 0.03 0.08 3 -0.18 9 ) 0.07 9 )
326.20- -0.2 71.  28. 71.  28.
4. . .04 . -0.2 -0.
326.28 6 5.6 g 0.0 0.08 3 -0.27 3 . 0.07 3 .
326.42- -0.2 47. 52. 47. 52.
. 2 1 1 -0.2 .
326.48 79 5 . 0.10 0.10 3 -0.23 4 6 0.33 4 6
326.48- -0.2 73.  26. 73.  26.
326.55 3.6 48 4 0.07 0.08 3 -0.21 9 { -0.04 9 )
326.62- -0.1 69. 30. 69. 30.
326.69 46 52 9 0.05 0.08 3 -0.14 ) g 0.08 ) g
Wollogorang Formation (drillhole
Mount Young 2)
74.27-7 15. -0.1 92. 92.
. . . -0.12 S5 -0. .
499 3.3 5 4 0.06 008 3 -0 5 7.5 -0.08 5 7.5
74.35-7 13. -0.1 93. 93.
2. . . -0.1 .8 -0.12 .
438 7 7 7 0.06 0.08 3 -0.16 ) 6.8 -0 ) 6.8
75.08-7 11. 86. 14. 86. 14.
4. . . . . 14
511 7 7 0.00 0.06 0.08 3 0.05 0 0 0 0 0
75.48-7 2.6 22. -0.0 0.00 0.08 3 -005 095 41 -003 095 41
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1190

1191

1192

1193

1194

1195

1196
1197

5.51 1 6 9 9

75.51-7 17.  -0.0 94, 94.
S5y 29 o 002 008 3 -005 7 59 002 "7 59
76.00-7 17. 91. 91.
4.1 . . . . 1 0.14 1
5 03 , 006 006 008 3 009 ; 8 0 0 8
76.03-7 18. 85. 14. 85. 14.
. . . . 12 21
sos 7 006 009 009 3 0 S s 0 e )
76.91-7 21. 94, 94,
4 04 0. . . 4 0. 4
5 06 3 p 004 005 008 3 0.06 P 0.09 haE
76917 19. 94, 94,
696 2.8 003 009 009 3 004 51 007 5.1
3 9 9
(dol)

Note. Average upper crust data is from McLennan (2001).

* "dol" = shale material adjacent to dolomite veinlet.

b Reported uncertainty for 87U is the 2SD of replicate measurements or 0.08%o,
whichever is greater.

¢ Authigenic U isotope composition.

4 Detrital U isotope composition.

¢ Fraction of authigenic U.

f Fraction of detrital U.
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Table 3. Flux and U isotope fractionation associated with non-anoxic sinks.
Flux(10° Fraction Refere

Sink mol/yr) ation nces
Pelagic clay 3 0.04 (D)
(1) to
Metallic sediments 1 -0.24 4)
(5) to
Carbonates 5.6 0.20 (7)
Oceanic crustal (8) to
alteration (High T) 2 0.00 (10)
Oceanic crustal (8) to
alteration (Low T) 3.8 0.25 (10)
Coastal zone retention 7.6 -0.24 9)
Suboxic (weakly (2),
oxygenated seafloor) 15.3 0.10 (11)
Weighted average (oxic) 0.01

Weighted average (oxic
+ suboxic) 0.04

Modified from Wang et al., 2016. The fractionation factor for pelagic clays is poorly
constrained.

References: (1) Wang et al., 2016; (2) Weyer et al., 2008; (3) Brennecka et al., 2011b; (4)
Goto et al., 2014; (5) Romaniello et al., 2013; (6) Stirling et al., 2015; (7) Chen et al., 2016;
(8) Andersen et al., 2015; (9) Tissot and Dauphas, 2015; (10) Noordmann et al., 2016; (11)

Andersen et al., 2016



1206  Table 4. Summary of the parameters used in the U isotope mass-balance model.

P Ref
aram Description Values Unit cleren
eter ces
F Riverine U 4.2x10 Y (1) to
, mol/yr
fluxes to oceans ' 4 (4)
F Removal flux to  2.23x1 Y (1) to
ox . . mol/yr
oxic sinks 0’ 4 (4)
F Removal flux to  1.53x1 Y (1) to
suboxic . . mol/yr
sub suboxic sinks 0’ y 4)
r Removal flux to 4.45x1 Y (1) to
anoxic . . mol/yr
anoxic sinks 0’ Y 4)
Effective burial 1/(dm*
kox rate constant for 0.048 ) %)
oxic sinks yr
Effective burial 1/(dm*
kaupoxic ~ rate constant for 0.469 ) &)
T
suboxic sinks Y
Effective burial 1/(dm*
kanoxic ~ Tate constant for 2.534 &)
. yr)
anoxic sinks
238 .
5 07"U of river 034 % (4), (6),
waters (7)

Fractionation
factor between
Aoy 0.01 %o %)
seawater and
oxic sink
Fractionation
factor between
Asuboxic 0.10 %00 (6), (8)
seawater and

suboxic sink

Fractionation
factor between  0.60-0. 0

Aanox /)0 see text
seawater and 85

anoxic sink
Modern

Ul mode 1.39x1 /d
[U] moa seawater U 0 2? (8), (9)
™ concentration

Mod 4), (8
5m0dern odern _04 %0 ( )a( )a

seawater 8-°U (10)
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1212

Seawater 1.37x1 3

|14 d 11
volume 0*! m ()
Total seafloor ~ 3.61x1 3
d 1
area 0 m (1)
Modern anoxic 0.35 o (12)
y seafloor area
Modern suboxic o o)
seafloor area
Mod i
odern oxie 93.65 % Balance
seafloor area
Modified from Wang et
al., 2016.

References: (1) Barnes and Cochran, 1990; (2) Dunk et al., 2002; (3) Morford and
Emerson, 1999; (4) Tissot and Dauphas, 2015; (5) Wang et al., 2016; (6) Andersen et al.,
2016; (7) Noordmann et al., 2016; (8) Weyer et al., 2008; (9) Chen et al., 1986; (10)

Stirling et al., 2007; (11) Hastings et al., 1996; (12) Veeh, 1967.
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Highlights:
® U isotope data from black shales point to increased ocean oxygenation at 1.36 Ga
® A U isotope mass-balance model suggests <25% seafloor anoxia during this event
® Elevated Mo and U enrichments in these shales also support an oxygenation event
® Post-depositional hydrothermal alteration can affect U isotopes in black shales



