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Abstract 1 

We report U isotope data for marine black shales of the early Mesoproterozoic 2 

Velkerri Formation (Roper Group) and late Paleoproterozoic Wollogorang Formation 3 

(Tawallah Group) from the McArthur Basin, Northern Australia. An average authigenic 4 

δ238U of 0.13 ± 0.04‰ (1SD; relative to standard CRM145) was obtained for six U- and 5 

Mo-rich shales from a ~ 1 m interval that was deposited at 1361 ± 21 Ma (based on 6 

previous Re-Os geochronology). After correcting for a local U isotope fractionation of 7 

~0.60-0.85‰ associated with U removal to anoxic sediments, we infer that global seawater 8 

at 1.36 Ga had a δ238U of ~ –0.47‰ to –0.72‰, which is ~0.1-0.3‰ lighter than modern 9 

seawater (–0.39 ± 0.01‰). Uranium isotope mass-balance modelling suggests that <25% 10 

of the seafloor was anoxic at 1.36 Ga. This interpretation is consistent with high U and Mo 11 

enrichments in these samples compared with other Velkerri Formation and 12 

mid-Proterozoic black shales, which suggests a sizable dissolved oceanic Mo and U 13 

inventory developed in response to an episode of increased ocean oxygenation. Hence, a 14 

significant expanse of O2-bearing deep ocean waters may have existed at 1.36 Ga. The O2 15 

concentrations of those waters were not necessarily high given that a large expanse of 16 

weakly oxygenated deep waters is also consistent with the mass-balance model. A lower 17 

average authigenic δ238U of –0.08 ± 0.18‰ (1SD) was obtained for less U- and Mo-rich 18 

black shales from a ~1 m interval in the lower Velkerri Formation, deposited at 1417 ± 29 19 

Ma. In contrast to the upper Velkerri interval, the mass-balance model permits widespread 20 



  

ocean anoxia during deposition of the lower Velkerri interval. 21 

Black shales of the ca. 1.73 Ga Paleoproterozoic Wollogorang Formation previously 22 

yielded an erroneously young Re-Os date of 1359 ± 150 Ma, likely due to 23 

post-depositional hydrothermal alteration at ca. 1640 Ma. Higher δ238U is observed in 24 

samples closer to the base of the black shale unit where the greatest extent of 25 

open-system Re-Os behavior was observed. Hence, post-depositional hydrothermal fluid 26 

flow may overprint the depositional δ238U of black shales and cause erroneous estimates 27 

of ancient global ocean anoxia. 28 

 29 

Keywords: Proterozoic; ocean anoxia; uranium isotopes; Velkerri Formation; 30 

Wollogorang Formation; McArthur Basin  31 

 32 

1. Introduction 33 

The relationship between ocean redox conditions and the slow rates of eukaryotic 34 

evolution in the Mesoproterozoic (~1.6-1.0 Ga) oceans is an ongoing subject of debate. 35 

Iron speciation data and redox-sensitive metal (e.g., Mo, U, Cr, Zn) concentrations of 36 

mid-Proterozoic black shales indicate that the deep oceans were predominantly anoxic 37 

and Fe2+-rich (ferruginous), with anoxic and H2S-rich (euxinic) waters primarily 38 

occurring at mid-depths in regions of high primary productivity along ocean margins as 39 

well as in restricted marginal and intracratonic basins (Scott et al., 2008, 2013; Planavsky 40 



  

et al., 2011; Poulton and Canfield, 2011; Boyle et al., 2013; Partin et al., 2013; Reinhard 41 

et al., 2013; Sperling et al., 2015). Chromium isotope data from ironstones and shales as 42 

well as Zn/Fe ratios in marine carbonates suggest that atmospheric O2 levels in the 43 

Mesoproterozoic were predominantly <0.1-1.0% of present atmospheric levels (PAL) 44 

(Planavsky et al., 2014; Cole et al., 2016; Liu et al., 2016) until 1.1 Ga when larger Cr 45 

isotope fractionations suggest greater atmospheric O2 levels (Gilleaudeau et al., 2016). 46 

Tang et al. (2016) used Ce anomaly data from carbonates and ironstones to suggest that 47 

Mesoproterozoic surface ocean O2 concentrations were generally no more than ~0.2 μM, 48 

or about 0.1% of modern levels. Daines et al. (2017) suggested that atmospheric O2 levels 49 

of 1-10% PAL were consistent with limited variation in the carbon isotope compositions 50 

of carbonates deposited during the Mesoproterozoic. Quantitative biogeochemical 51 

modelling by Reinhard et al. (2016) suggests pervasive deep ocean anoxia and large 52 

spatiotemporal variations in surface ocean oxygenation, particularly below ~2.5% PAL. 53 

In such a world, nitrate limitation in the open ocean may have been particularly severe, 54 

thus limiting photosynthetic eukaryotes to continental margin settings (Anbar and Knoll, 55 

2002; Reinhard et al., 2013; Lyons et al., 2014; Koehler et al., 2017). 56 

However, other studies suggest that a greater extent of mid-Proterozoic ocean 57 

oxygenation occurred at least episodically, such as during the early Mesoproterozoic at 58 

1.4 Ga. Redox-sensitive metal concentrations in sedimentary rocks of the 1.4 Ga 59 

Xiamaling Formation (China) and a carbon-oxygen cycle model were used to suggest that 60 



  

atmospheric O2 levels were >4% of modern levels, implying sufficient O2 for animal 61 

respiration long before the evolution of complex metazoans (Zhang et al., 2016). The 62 

existence of such high atmospheric O2 levels is controversial (Planavsky et al., 2014, 63 

2016). Nevertheless, Fe speciation, organic geochemistry, pyrite S isotope compositions, 64 

redox-sensitive metal concentrations, and eukaryotic microfossils in basinal sedimentary 65 

rocks from the Arlan Member (Kaltasy Formation, Russia) suggests that O2-bearing deep 66 

waters were present at some places in the oceans at 1.4 Ga (Sperling et al., 2014), a 67 

conclusion also reached by Zhang et al. (2016) for the Chinese section based on 68 

redox-sensitive metal concentrations. Geochemical data from the upper Velkerri 69 

Formation (McArthur Basin, northern Australia) have also been used to suggest that an 70 

episode of increased ocean oxygenation occurred at 1.4 Ga, including elevated 71 

redox-sensitive metal enrichments in black shales (Mukherjee and Large, 2016; Cox et al., 72 

2016).  73 

By contrast, Cr isotope data from the upper Velkerri Formation exhibit minimal 74 

isotope fractionation relative to igneous rocks, implying atmospheric O2 levels were 75 

sufficiently low to limit surficial Cr oxidation (Planavsky et al., 2014; Cole et al., 2016). 76 

The low atmospheric O2 levels implied by the Cr isotope data favor widespread ocean 77 

anoxia. Not all low Cr isotope compositions, however, necessarily require low 78 

atmospheric/oceanic O2 levels. Although most Neoproterozoic and Phanerozoic shales 79 

and ironstones have Cr isotope compositions above the igneous baseline (indicating 80 



  

oxidative Cr mobilization), a small proportion also have compositions indistinguishable 81 

from this baseline, and were deposited at broadly the same time as shales and ironstones 82 

containing significantly fractionated Cr (Cole et al., 2016). The Cr isotope composition of 83 

sedimentary rocks may also be affected by the isotopic composition of riverine inputs 84 

into semi-restricted anoxic basins (the modern oceanic residence time of Cr is only ~9.5 85 

kyr and both river and seawater Cr isotope compositions are variable; Reinhard et al., 86 

2013; Scheiderich et al., 2015; D’Arcy et al., 2016; Gueguen et al., 2016; Paulukat et al., 87 

2016; Wu et al., 2017), and potentially even non-redox related processes (Babechuk et al., 88 

2017). Molybdenum isotope compositions in the upper Velkerri Formation were used to 89 

infer the global extent of ocean euxinia (Arnold et al., 2004; Kendall et al., 2009), but this 90 

proxy is not ideal for inferring the extent of general ocean anoxia (i.e., euxinic and 91 

ferruginous conditions; see Kendall and Dahl et al., 2017 for a review). Further 92 

constraints on the global extent of ocean oxygenation at 1.4 Ga using new paleoredox 93 

proxies are thus desirable.  94 

Recently, the non-traditional U isotope system has emerged as an independent 95 

indicator for the extent of global ocean anoxia, exploiting the redox-sensitive behavior 96 

and relatively long oceanic residence time of U (~400-500 kyr) compared with the 97 

timescale of global ocean mixing (~1-2 kyr) (Stirling et al., 2007; Weyer et al., 2008; 98 

Montoya-Pino et al., 2010; Brennecka et al., 2011a, 2011b; Asael et al., 2013; Kendall et 99 

al., 2013, 2015; Andersen et al., 2014, 2015, 2016, 2017; Dahl et al., 2014; Azmy et al., 100 



  

2015; Tissot and Dauphas, 2015; Lau et al., 2016, 2017; Wang et al., 2016; Noordmann 101 

et al., 2016; Elrick et al., 2017; Lu et al., 2017). Because of the long residence time of the 102 

conservative uranyl carbonate anion (UO2[CO3]3
4-) in oxygenated seawater (Ku et al., 103 

1977; Langmuir, 1978; Dunk et al., 2002), modern open ocean seawater has a globally 104 

homogeneous δ238U of –0.39 ± 0.01‰ (Stirling et al., 2007; Weyer et al., 2008; Tissot and 105 

Dauphas, 2015; Andersen et al., 2016; Noordmann et al., 2016). This seawater δ238U 106 

reflects the relative extent of oxygenated versus anoxic conditions in the ocean. 107 

Reduction of U(VI) to U(IV) and its removal to modern organic-rich sediments beneath 108 

euxinic waters is associated with a large isotope fractionation (>0.4‰), which favors 109 

removal of heavier 238U into sediments over lighter 235U (Weyer et al., 2008; 110 

Montoya-Pino et al., 2010; Andersen et al., 2014, 2017; Noordmann et al., 2016). By 111 

comparison, U removal to sediments in other marine redox settings (strongly-oxygenated 112 

to weakly-oxygenated bottom water conditions) is associated with smaller U isotope 113 

fractionations (<0.3‰) (Weyer et al., 2008; Brennecka et al., 2011b; Romaniello et al., 114 

2013; Goto et al., 2014; Andersen et al., 2015; Tissot and Dauphas, 2015; Chen X. et al., 115 

2016; Noordmann et al., 2016; Wang et al., 2016). At times of more extensive ocean 116 

anoxia than today, seawater will develop lower δ238U because of increased preferential 117 

burial of 238U relative to 235U in anoxic organic-rich sediments. Accordingly, the δ238U of 118 

ancient black shales deposited during times of extensive ocean anoxia will be lower than 119 



  

the δ238U of modern organic-rich sediments (Weyer et al., 2008; Montoya-Pino et al., 120 

2010; Brennecka et al., 2011a). 121 

Compared with Mo, the reduction and removal of U to anoxic sediments is less 122 

dependent on dissolved H2S availability, and is largely microbially mediated, including 123 

by sulfate- and iron-reducing bacteria (Morford and Emerson, 1999; Morford et al., 2005; 124 

Tribovillard et al., 2006; Algeo and Tribovillard, 2009; Stylo et al., 2015). Hence, U 125 

isotopes can better constrain the global extent of general ocean anoxia than Mo isotopes. 126 

In this study, we report U isotope data from black shales in the Velkerri Formation that 127 

were previously analyzed for Mo and Cr isotopes (Kendall et al., 2009; Cole et al., 2016) to 128 

improve constraints on the extent of global ocean anoxia at 1.4 Ga.  129 

The second objective of our study is to evaluate the effect of post-depositional 130 

hydrothermal fluid flow on the U isotope systematics of black shales. A geologically 131 

implausible Re-Os date was obtained for black shales of the ca. 1.73 Ga Wollogorang 132 

Formation, and was attributed to post-depositional hydrothermal fluid flow through these 133 

shales at ca. 1640 Ma in the southern McArthur Basin (Kendall et al., 2009). Comparison 134 

of the extent of open-system Re-Os behavior with Mo isotope compositions of the 135 

Wollogorang Formation shales suggested that post-depositional hydrothermal fluid flow 136 

can alter Mo isotope compositions from the original depositional values (Kendall et al., 137 

2009), which would cause misinterpretation of the extent of ancient ocean euxinia. In this 138 



  

study, the impact of post-depositional hydrothermal fluid flow on U isotopes is evaluated 139 

using the same samples previously analyzed for Re-Os and Mo isotopes. 140 

 141 

2. Samples 142 

2.1 Velkerri Formation  143 

The Velkerri Formation and the overlying McMinn Formation together represent one 144 

of a cyclic series of coarsening-upward, progradational sequences in the Roper Group 145 

that reflect deposition in a marine intracratonic basin (Roper Superbasin) influenced by 146 

tectonic activity (Fig. 1; Abbott and Sweet, 2000). The Velkerri Formation is up to 900 m 147 

thick (Ahmad et al., 2013) and consists predominantly of organic-rich black shales with 148 

subordinate organic-poor glauconitic siltstones and fine-grained sandstones (Fig. 2; 149 

Jackson and Raiswell, 1991; Warren et al., 1998; Abbott and Sweet, 2000). Organic 150 

matter in the Velkerri Formation is thermally mature (~75-150C), indicating that the 151 

black shales are unmetamorphosed except close to a dolerite sill intrusion (Crick et al., 152 

1988; Summons et al., 1988, 1994; Taylor et al., 1994; Warren et al., 1998; George and 153 

Ahmed, 2002).  154 

Deposition of the black shales (total organic carbon [TOC] contents up to ~9%; Crick 155 

et al., 1988; Jackson and Raiswell, 1991; Warren et al., 1998; Mukherjee and Large, 2016) 156 

likely occurred in a quiet-water distal shelf environment (Abbott and Sweet, 2000). The 157 

formation has similar organic geochemistry as the pre-Ediacaran biomarker assemblage 158 



  

facies 1 of Pawlowska et al. (2013), with high bacterial but minimal eukaryotic 159 

contributions (Flannery and George, 2014). Previous geological (e.g., sequence 160 

stratigraphy, presence of glauconite) and geochemical data (e.g., redox-sensitive metal 161 

concentrations, sequence stratigraphy, pyrite sulfur isotopes, ratios of highly reactive iron 162 

to total iron [FeHR/FeT], and degree of pyritization [DOP] values) from the Velkerri 163 

Formation collectively suggested that the epeiric Roper seaway was at least partially 164 

connected to the global ocean and was likely redox-stratified with low seawater sulfate 165 

concentrations (Jackson and Raiswell, 1991; Warren et al., 1998; Abbott and Sweet, 2000; 166 

Shen et al., 2003; Johnston et al., 2008; Luo et al., 2015; Mukherjee and Large, 2016; 167 

Cox et al., 2016). Water column euxinia occurred at least episodically and is thought to 168 

have been promoted by increased tectonic activity and/or increased weathering of mafic 169 

lithologies, which would have promoted increased nutrient fluxes and thus primary 170 

productivity in the Roper Superbasin (Mukherjee and Large, 2016; Cox et al., 2016). 171 

Two Re-Os depositional ages of 1361 ± 21 Ma and 1417 ± 29 Ma were obtained for 172 

black shales from ~137-138 m (upper Velkerri Formation) and ~326-327 m depth (lower 173 

Velkerri Formation), respectively, in drill hole Urapunga-4 (Kendall et al., 2009). The 174 

Re-Os ages are stratigraphically consistent with a U-Pb zircon age of 1492 ± 4 Ma for 175 

tuff from the older Wooden Duck Member, Mainoru Formation (Jackson et al., 1999), 176 

suggesting minimal post-depositional disturbance of Re and Os (and likely also other 177 

redox-sensitive metals such as Mo and U) in the Velkerri Formation (Kendall et al., 178 



  

2009). These two Re-Os dated intervals are the focus of the new U isotope analyses in 179 

this study. 180 

Local bottom water redox conditions during the deposition of these two intervals 181 

were likely different (Kendall et al., 2009). High DOP values (0.90-0.92), elevated Fe/Al 182 

ratios (1.4-1.8) relative to average upper crust (~0.4-0.5; McLennan, 2001; Lyons and 183 

Severmann, 2006), and pronounced enrichments in Mo (106-119 ppm) point to bottom 184 

water euxinia for the ~137-138 m interval. By contrast, lower DOP values (0.43-0.51), 185 

elevated Fe/Al ratios (0.5-1.4), and weaker enrichments in Mo (6-9 ppm) at ~326-327 m 186 

suggest deposition from anoxic and ferruginous (Fe2+-rich) waters.      187 

Molybdenum isotope data from the Velkerri Formation in Urapunga-4 was used to 188 

infer the global extent of ocean euxinia at ca. 1.4 Ga (Arnold et al., 2004; Kendall et al., 189 

2009). The most Mo-rich black shales (from the ~137-138 m interval) with the highest 190 

DOP values (0.90-0.92), reflecting the most euxinic water column conditions, have an 191 

average δ98Mo of 0.95 ± 0.14‰ (2SD; re-calculated relative to standard NIST SRM 3134 192 

= 0.25‰; Nägler et al., 2014) that represents a minimum value for global seawater δ98Mo 193 

at 1.36 Ga (any seawater-sediment Mo isotope fractionation preferentially removes lighter 194 

Mo isotopes to sediments). For Mo concentrations of 106-119 ppm and seawater δ98Mo of 195 

≥0.95‰, mass-balance models suggest that less than ~2% of the ca. 1.36 Ga seafloor was 196 

covered by euxinic waters (Dahl et al, 2011; Reinhard et al., 2013).   197 



  

The samples from the ~137-138 m and ~326-327 m intervals were analyzed for Cr 198 

isotope compositions (Cole et al., 2016). The δ53Cr values (relative to NIST SRM 979) of 199 

three samples from ~137-138 m and five samples from ~326-327 m range from –0.14‰ 200 

to +0.05‰, and from –0.14‰ to –0.09‰, respectively, and thus are not significantly 201 

different from igneous rock compositions (–0.124 ± 0.101 ‰, 2SD; Schoenberg et al., 202 

2008).  203 

 204 

2.2 Wollogorang Formation 205 

The ca. 1730 Ma Wollogorang Formation (Tawallah Group) was deposited in the 206 

Calvert Superbasin, which was tectonically influenced by a convergent margin along the 207 

southern part of the North Australian craton (Myers et al., 1996; Page et al., 2000; Scott 208 

et al., 2000; Southgate et al., 2000; Betts et al., 2003). The Wollogorang Formation is 209 

~100-150 m thick and consists of dolomitic sandstone, siltstone, and mudstone, as well as 210 

dolomitic organic-rich shales and dolostone (Fig. 3; Jackson, 1985; Donnelly and Jackson, 211 

1988). A ~20-25 m thick unit of pyritic black shale (TOC up to ~6 wt%) containing 212 

diagenetic dolomite nodules and dolomite veinlets occurs in the lower part of the 213 

formation (Donnelly and Jackson, 1988; Kendall et al., 2009; Spinks et al., 2016). As for 214 

the Velkerri Formation, the black shales of the Wollogorang Formation were likely 215 

deposited in a low-sulfate, redox-stratified, and semi-restricted marine basin with at least 216 

intermittently euxinic bottom waters based on sequence stratigraphic studies (Jackson et 217 



  

al., 2000; Page et al., 2000; Southgate et al., 2000) and geochemical data (Mo 218 

enrichments, FeHR/FeT ratios, DOP values, and S isotopes; Shen et al., 2002; Kendall et 219 

al., 2009; Spinks et al., 2016). Multiple stratigraphic horizons of both stratiform 220 

breccia-hosted base metal sulfides and elevated whole-rock enrichments of Zn, Pb, Cu, 221 

and Tl have been found in the black shales, suggesting the Wollogorang Formation is a 222 

candidate for SEDEX (sedimentary exhalative) mineralization (Jackson, 1985; Donnelly 223 

and Jackson, 1988; Spinks et al., 2016).  224 

Although thermal alteration of the Wollogorang Formation is restricted to 225 

sub-greenschist facies (Crick et al., 1988; Donnelly and Jackson, 1988), post-depositional 226 

hydrothermal fluid flow affected these rocks at ca. 1640 Ma (Jackson et al., 2000). 227 

Carbon isotope compositions of polycyclic aromatic hydrocarbons (PAHs) from the ca. 228 

1640 Ma McArthur River HYC Pb-Zn-Ag ore deposit suggest an origin from the 229 

Wollogorang Formation rather than the host rocks of the Barney Creek Formation 230 

(Williford et al., 2011). In addition, an overprinted paleomagnetic pole with an age of ca. 231 

1640 Ma was identified from the Wollogorang Formation and other Tawallah Group 232 

rocks (Idnurm et al., 1995; Idnurm, 2000). Volcanic units stratigraphically bracketing the 233 

Wollogorang Formation (the underlying Settlement Creek Volcanics and overlying Gold 234 

Creek Volcanics) have been leached of base metal sulfides and exhibit potassic alteration 235 

(Cooke et al., 1998). Hot oxidized hydrothermal fluids (T > 250C) originating from an 236 

evaporitic environment (based on deuterium enrichment in n-alkanes from the HYC 237 



  

deposit) are thought to have leached organic matter and metals out of the Wollogorang 238 

Formation and other Tawallah Group rocks, ascended along the Emu Fault system, and 239 

re-deposited these materials in the Barney Creek Formation (Cooke et al., 1998; Large et 240 

al., 1998, 2001; Garven et al., 2001; Logan et al., 2001; Rawlings et al., 2004; Williford 241 

et al., 2011). 242 

Post-depositional hydrothermal fluid flow at ca. 1640 Ma disturbed the Re-Os 243 

isotope systematics in the black shales of the Wollogorang Formation. A Re-Os date of 244 

1359 ± 150 Ma derived from Wollogorang black shales at ~74-77 m depth in the Mount 245 

Young 2 drill core (Kendall et al., 2009) is younger than U-Pb SHRIMP zircon 246 

depositional ages of 1729 ± 4 Ma and 1730 ± 3 Ma for tuffaceous beds in the shales 247 

(Page et al., 2000). The greatest degree of open-system Re-Os isotope behavior is found 248 

in samples closest to the base of the black shale unit (suggesting fluids percolated 249 

upwards from the basal contact), which have negative initial 187Os/188Os isotope ratios 250 

and deviate most strongly from a ca. 1730 Ma reference isochron (Kendall et al., 2009). 251 

The lowest δ98Mo values (0.3‰) were also found in samples closest to the base of the 252 

black shale unit, suggesting that hydrothermal fluid flow altered the δ98Mo to lower 253 

values relative to the original depositional signatures. Although elemental redox proxies 254 

may have been affected by the hydrothermal fluid flow, the DOP values (0.57-0.92), 255 

Fe/Al ratios (0.3-0.7), and Mo concentrations (41-58 ppm) in these samples imply 256 



  

intermittent water column euxinia (Kendall et al., 2009; Scott and Lyons, 2012). The U 257 

isotope compositions of these samples were measured in this study. 258 

 259 

3. Analytical Methods 260 

A total of 20 samples from the Velkerri Formation (6 samples from 136.98-137.89 261 

m and 5 samples from 325.71-326.69 m in Urapunga-4) and Wollogorang Formation (9 262 

samples from 74.27-76.96 m in Mount Young 2) were analyzed for U isotope 263 

compositions. Sample dissolutions and separation of U via ion-exchange chromatography 264 

were carried out in a metal-free clean room at the Metal Isotope Geochemistry laboratory, 265 

University of Waterloo. The analytical protocols used in this study are outlined in Weyer 266 

et al. (2008) and Kendall et al. (2013), and are briefly summarized below. 267 

A known amount (~100 mg) of sample powder was ashed overnight at 550°C in 268 

crucibles to remove organic matter, and then transferred to Savillex Teflon beakers for 269 

dissolution in concentrated HF-HNO3-HCl at 110°C. Prior to ion-exchange 270 

chromatography, a 236U-233U double spike (IRMM-3636) was added to an amount of 271 

sample solution corresponding to 300 ng U to facilitate correction for instrumental mass 272 

fractionation as well as any U isotope fractionation during column chemistry. After 273 

sample-spike equilibration, U was separated from sample-spike solutions using 274 

Eichrom® UTEVA resin. The U concentrations of these samples were measured 275 

previously by Kendall et al. (2009) using quadrupole inductively coupled plasma mass 276 



  

spectrometry. In this study, the U concentrations of the sample solutions were calculated 277 

using double spike isotope dilution. 278 

Uranium isotope compositions were measured on a Thermo Scientific Neptune 279 

multi-collector inductively coupled plasma mass spectrometer (MC-ICP-MS) at the W.M 280 

Keck Foundation Laboratory for Environmental Biogeochemistry, School of Earth and 281 

Space Exploration, Arizona State University. The δ238U of samples is reported as per mil 282 

deviations from the CRM145 standard as follows: 283 

δ238U (‰) = (238/235Usample/238/235Ustandard – 1) × 1000 284 

Over the course of this study, two secondary standards, Ricca and CRM129a, and the 285 

bracketing standard CRM145 (measured against itself) yielded average δ238U values of 286 

–0.22 ± 0.06‰ (2SD; n=5), –1.69 ± 0.05‰ (2SD; n=5), and 0.00 ± 0.06‰ (2SD; n=56), 287 

respectively. Over a 16-month period that included this study, the average δ238U values for 288 

Ricca and CRM129a were –0.22 ± 0.07‰ (2SD; n=243) and –1.71 ± 0.09‰ (2SD; 289 

n=237), respectively. Statistically identical values for CRM129a were reported in previous 290 

studies (Kendall et al., 2013, 2015). The 2SD uncertainty of a sample is either the 2SD 291 

uncertainty of sample replicate measurements or 0.08‰ (the average of the long-term 2SD 292 

uncertainty for Ricca and CRM129a), whichever is greater. Powder replicate analyses 293 

were done for four different samples (three Velkerri samples and one Wollogorang 294 

sample), and in each case yielded statistically identical δ238U values given 2SD 295 

uncertainties. During this study, we also measured two shale standards that were processed 296 



  

in the same manner as samples, the United States Geological Survey (USGS) standards 297 

SBC-1 and SGR-1b, and their δ238U values were –0.24 ± 0.10‰ (2SD; n=3) and –0.19 ± 298 

0.05‰ (2SD; n=3), respectively. Our measured δ238U for SBC-1 is statistically identical to 299 

the value of –0.21 ± 0.04‰ (2SD; n=3) measured by Rolison et al. (2017). 300 

 301 

4. Results 302 

The U and Mo concentrations, Al-normalized enrichment factors (EF = 303 

[element/Al]sample / [element/Al]average upper crust), and isotope compositions are reported in 304 

Table 1 and illustrated in Fig. 4. Six U- and Mo-rich samples (U EF = 11-15; Mo EF = 305 

168-196) from the upper Velkerri Formation have a narrow range of δ238U between 0.03‰ 306 

and 0.12‰ (average = 0.07 ± 0.03‰; 1SD). By contrast, five U- and Mo-poor samples (U 307 

EF = 2-6; Mo EF = 4-16) from the lower Velkerri Formation have lower values of δ238U 308 

between –0.28‰ and –0.19‰ (average = –0.24 ± 0.04‰; 1SD) (Fig. 5). Nine samples 309 

from the ~3 m interval in the Wollogorang Formation have variable U enrichments (EF = 310 

7-24) and δ238U values (–0.17‰ to +0.06‰) (Fig. 6). Distinctively different δ238U are 311 

observed in the upper and lower parts of the Wollogorang stratigraphic interval examined 312 

in this study (Fig. 7). Five samples from 74.27-75.53 m have negative δ238U values 313 

between –0.17‰ and 0.00‰ (average = –0.09 ± 0.07‰; 1SD), whereas the four 314 

stratigraphically lower samples from 76.00-76.96 m have positive δ238U values of 0.03‰ 315 

to 0.06‰ (average = 0.04 ± 0.02‰; 1SD). The stratigraphic trend for the Mo isotope data 316 



  

is opposite to that of the U isotope data, with higher δ98Mo values in the 74.27-75.53 m 317 

interval (Fig. 8; Kendall et al., 2009). 318 

Uranium-bearing detrital minerals in a shale matrix can affect bulk sample δ238U, 319 

particularly if authigenic U enrichments are low. Hence, authigenic U isotope 320 

compositions (δ238Uauth) were calculated using δ238Uauth = δ238Usam – (Al/U)sam × {(δ238Udet 321 

– δ238Usam)/[(Al/U)det – (Al/U)sam]}, where auth = authigenic, sam = sample, and det = 322 

detrital (Asael et al., 2013). The average upper crustal values for Al (8.04 wt%) and U 323 

(2.8 ppm) are used to represent the detrital U endmember (McLennan, 2001). A range of 324 

detrital U isotope compositions from –0.3‰ (Tissot and Dauphas, 2015; Andersen et al., 325 

2016) to –0.8‰ (Holmden et al., 2015) are used to take into consideration that detrital U 326 

could have variable δ238U (e.g., preferential loss of 238U during weathering; Holmden et al., 327 

2015).  328 

The upper Velkerri Formation has average δ238Uauth of 0.11 ± 0.04‰ and 0.15 ± 0.04‰ 329 

using δ238Udet of –0.3‰ and –0.8‰, respectively, thus yielding an overall average of 0.13 ± 330 

0.04‰ (1SD; Table 2). The calculated δ238Uauth is only ~0.06‰ higher than bulk δ238U 331 

(Table 1) because the fraction of authigenic U accounts for ~91-93% of the total U. By 332 

comparison, the lower Velkerri Formation has lower average δ238Uauth of –0.21 ± 0.05‰ 333 

and +0.05 ± 0.17‰ using δ238Udet of –0.3‰ and –0.8‰, respectively (overall average = 334 

–0.08 ± 0.18‰; 1SD). In the lower Velkerri Formation, the detrital U accounts for 18-53% 335 

of the U budget in the samples, and thus the calculated δ238Uauth is sensitive to the assumed 336 



  

value for δ238Udet. The five Wollogorang Formation samples from 74.27-75.53 m yield an 337 

overall average δ238Uauth of –0.04 ± 0.09‰ (1SD), whereas the four samples from 338 

76.00-76.96 m have a higher overall average δ238Uauth of 0.10 ± 0.05‰ (1SD). The fraction 339 

of authigenic U is >85% for all nine Wollogorang Formation samples (with the caveat that 340 

some U is potentially of post-depositional hydrothermal origin; see section 5.4). 341 

 342 

5. Discussion 343 

5.1 Global seawater U isotope compositions during the early Mesoproterozoic 344 

An understanding of the local depositional environment is important for inferring 345 

ancient seawater δ238U using the isotopic composition of black shales, so we first review 346 

the relevant factors and mechanisms prior to interpreting our data. The magnitude of U 347 

isotope fractionation in anoxic settings is variable and depends on several factors, 348 

including the site of U removal (water column or sediments), degree of basin restriction, 349 

and microbially-mediated processes (Anderson et al., 2014, 2017). Microbial activity 350 

(including iron- and sulfate-reducers) is thought to be the major mechanism for reducing 351 

U(VI) to U(IV), and is associated with U isotope fractionations of 0.68‰ to 0.99‰ 352 

(average ~0.85‰) based on laboratory experiments (Basu et al., 2014; Stylo et al., 2015; 353 

Stirling et al., 2015). A U isotope fractionation of 0.62 ± 0.17‰ was observed between 354 

anoxic sediments and bottom waters in the relatively open-ocean Saanich Inlet (Holmden 355 

et al., 2015). Similar U isotope fractionations of 0.6-0.8‰ were determined for the Black 356 



  

Sea and Kyllaren fjord (Norway) (Noordmann et al., 2015; Rolison et al., 2017). However, 357 

the strong basin restriction in the Black Sea and Kyllaren fjord has resulted in δ238Uauth 358 

values for the euxinic sediments that are only about ~0.4‰ higher than global seawater, 359 

reflecting slow rates of deep-water recharge and partial U drawdown in the deep waters 360 

(Weyer et al., 2008; Montoya-Pino et al., 2010; Noordmann et al., 2015). Restricted water 361 

exchange has also caused the deep waters of the Black Sea and Kyllaren fjord to have 362 

lower δ238U than global seawater because of preferential 238U removal to the euxinic 363 

sediments (Noordmann et al., 2015; Rolison et al., 2017).  364 

Based on the observations from experiments and modern anoxic basins, the U isotope 365 

fractionation between seawater and relatively open-ocean (i.e., no more than moderately 366 

restricted) euxinic sediments may be 0.60-0.85‰. The lower end of this range may 367 

represent U reduction and removal from solution below the sediment-water interface such 368 

that transport-diffusion processes limit the magnitude of U isotope fractionation (Andersen 369 

et al., 2014). Uranium removal in the water column or at the sediment-water interface may 370 

be associated with a larger U isotope fractionation (Andersen et al., 2017).  371 

The experimental data for microbially mediated U(VI) reduction (Basu et al., 2014; 372 

Stylo et al., 2015; Stirling et al., 2015) implies that U isotope fractionation may be similar 373 

in euxinic and ferruginous settings, although further studies are needed to confirm the 374 

fractionation factor for ferruginous environments. Hence, we tentatively assume a U 375 

isotope fractionation of 0.60-0.85‰ for U removal in ferruginous settings. This approach 376 



  

is conservative because assuming a lower fractionation factor (<0.3‰) for ferruginous 377 

conditions may yield an erroneously high estimate of seawater δ238U and thus an 378 

overestimate for the extent of global ocean oxygenation.   379 

The U isotope fractionation associated with U removal to the Velkerri sediments 380 

may not be affected significantly by basin restriction. The epeiric Roper seaway was 381 

probably not more than moderately restricted from the global ocean based on high Mo 382 

concentrations (106-119 ppm) and Mo/TOC ratios (13-16 ppm/wt%) in the euxinic upper 383 

Velkerri interval. High Mo enrichments and Mo/TOC ratios in euxinic shales suggest 384 

access to a large dissolved Mo reservoir (Algeo and Lyons, 2006). Notably, the Mo/TOC 385 

ratios of the upper Velkerri interval are higher than those observed in euxinic sediments 386 

of the more restricted Black Sea (~4.5 ppm/wt%), and intermediate between the 387 

Framvaren Fjord (~9 ppm/wt%) and the less restricted Cariaco Basin (~25 ppm/wt%) 388 

(Algeo and Lyons, 2006). Because seawater Mo concentrations were probably lower in 389 

the mid-Proterozoic compared with today (resulting in lower overall Mo/TOC ratios in 390 

euxinic shales from the mid-Proterozoic; Scott et al., 2008), the upper Velkerri Mo/TOC 391 

ratios only provide a loose maximum constraint on the degree of Roper basin restriction 392 

from the open ocean when comparing with Mo/TOC ratios of sediments from modern 393 

semi-restricted euxinic basins. Low Mo concentrations (6-9 ppm) in the lower Velkerri 394 

interval likely reflect lower rates of Mo burial during deposition from anoxic and 395 

ferruginous bottom waters (as indicated by high Fe/Al ratios and low DOP values) rather 396 



  

than a strongly restricted basin.  397 

Assuming that the Roper seaway was no more than moderately restricted, then 398 

applying a U isotope fractionation factor of 0.60-0.85‰ to the average δ238Uauth of 0.13‰ 399 

for the upper Velkerri interval yields a global seawater δ238U of –0.47‰ to –0.72‰ for ca. 400 

1.36 Ga. By comparison, global seawater δ238U at 1.42 Ga may have been –0.68‰ to 401 

–0.93‰ based on the average δ238Uauth of –0.08‰ for the lower Velkerri interval. 402 

  403 

5.2 Uranium isotope mass balance modelling of the extent of global ocean anoxia during 404 

the early Mesoproterozoic 405 

The extent of ocean anoxia during deposition of the upper and lower Velkerri intervals 406 

can be estimated through U isotope mass-balance modeling. A simple steady-state 407 

mass-balance approach can be used to estimate the relative size of the anoxic U sink 408 

(organic-rich sediments deposited from euxinic and ferruginous bottom waters) and all 409 

other marine U sinks (pelagic/hemipelagic muds, carbonates, metalliferous sediments, 410 

hydrothermally altered oceanic crust [oxic settings], and relatively more organic-rich 411 

sediments deposited from weakly or mildly oxygenated bottom waters where the depth of 412 

O2 penetration below the sediment-water interface is < 1 cm [suboxic settings]; cf. Morford 413 

and Emerson, 1999, Morford et al., 2005; Wang et al., 2016). The mass-balance model is 414 

given by the following equation (Montoya-Pino et al., 2010): 415 

δ238Uinput = (fother × δ238Uother) + (fanox × δ238Uanox)   (I) 416 



  

where input = riverine U inputs, anox = anoxic sinks, other = all other U sinks, f = the 417 

fraction of U removed to each sink (fother + fanox =1), δ238Uanox = δ238Useawater + ∆anoxic, and 418 

δ238Uother = δ238Useawater + ∆other (∆ = magnitude of U isotope fractionation between 419 

seawater and the associated sink).  420 

Rivers are the only major source of U to the modern oceans (Dunk et al., 2002). A 421 

large range of δ238U (–0.72‰ to +0.06‰) is observed in rivers, likely reflecting variation 422 

in catchment lithology, and the overall average riverine δ238U is estimated to be –0.34‰ to 423 

–0.24‰ (Tissot and Dauphas, 2015; Andersen et al., 2016, 2017; Noordmann et al., 424 

2016). The riverine average is similar to the average for the upper continental crust 425 

(–0.3‰), suggesting minimal net isotope fractionation during weathering at a global scale 426 

(Weyer et al., 2008; Telus et al., 2012; Tissot and Dauphas, 2015; Noordmann et al., 2016) 427 

despite evidence that weathered detrital material can have isotopically lighter U than the 428 

upper crust (Holmden et al., 2015). Rivers at 1.4 Ga may have had broadly similar δ238U 429 

as modern rivers because the upper continental crust likely has had a broadly similar 430 

chemical composition since the end of the Archean (Andersen et al., 2015; Dhuime et al., 431 

2015; Tang et al., 2016). 432 

 For U sinks in the modern marine environment, the U isotope fractionation for 433 

relatively open-ocean anoxic settings is assumed to be 0.60-0.85‰, as discussed 434 

previously in section 5.1. A weighted average δ238U (–0.36‰) and U isotope fractionation 435 

(+0.04‰) from seawater can be calculated for the other (non-anoxic) sinks based on each 436 



  

sink’s U flux and isotopic composition (Table 3; Tissot and Dauphas, 2015; Andersen et al., 437 

2016; Wang et al., 2016). Similar magnitudes of isotope fractionation for the anoxic and 438 

non-anoxic sinks has been assumed for ancient oceans (Montoya Pino et al., 2010; 439 

Brennecka et al., 2011). If the extent of ocean anoxia was greater at 1.4 Ga than today, then 440 

the extent of suboxic ocean floor was potentially also greater, whereas the extent of 441 

oxygenated ocean floor was smaller. In this scenario, the overall U isotope fractionation 442 

factor for the other sink may be slightly higher (e.g., 0.1‰, similar to the suboxic 443 

fractionation factor; Weyer et al., 2008; Andersen et al., 2016). 444 

The δ238Uanox at 1.36 Ga is based on the average δ238Uauth of the upper Velkerri shales 445 

(0.13‰). For seawater δ238U of –0.47‰ to –0.72‰, δ238Uother is calculated to be –0.43‰ 446 

to –0.68‰, respectively, assuming a fractionation factor of +0.04‰ (Table 3). Solving the 447 

mass-balance equation for fanox yields 23-47%, and thus fother is 53-77%. Alternatively, 448 

assuming a fractionation factor of 0.10‰ for the other sink yields δ238Uother of –0.37‰ to 449 

–0.62‰, and thus fanox and fother would comprise 14-43% and 57-86% of U removal from 450 

the oceans at 1.36 Ga, respectively. These simple calculations suggest that the anoxic U 451 

sink at 1.36 Ga was roughly 2-7 times larger compared with the modern ocean (7-10%). 452 

A greater proportion of riverine U may have been removed into anoxic sediments 453 

during deposition of the lower Velkerri interval at 1.42 Ga. For seawater δ238U of –0.68‰ 454 

to –0.93‰, δ238Uother is –0.64‰ to –0.89‰, respectively, for a fractionation factor of 455 

+0.04‰. When δ238Uanox = –0.08, then fanox and fother are calculated to be 61-73% and 456 



  

27-39%, respectively. If a fractionation factor of 0.10‰ is used for the other sinks, then 457 

δ238Uother is –0.58‰ to –0.83‰, and fanox and fother are 56-71% and 29-44%, respectively. 458 

Hence, the anoxic U sink at 1.42 Ga may have been 6-10 times larger compared with the 459 

modern ocean. The range of possible fanox and fother does not account for the uncertainty 460 

on the average δ238Uauth. Consequently, the estimated magnitude of each U sink is 461 

associated with a large uncertainty for the lower Velkerri interval, which has a 462 

significantly larger 1SD (0.18‰) for average δ238Uauth compared with the upper Velkerri 463 

interval (0.04‰).   464 

Although commonly used, the above model is an oversimplification of the oceanic 465 

U isotope mass balance (for example, U burial fluxes are not scaled to the size of the 466 

seawater U reservoir) and does not provide meaningful information on the area of 467 

seafloor covered by different redox regimes. To infer the areal extent of seafloor anoxia 468 

during deposition of the upper and lower Velkerri intervals, we used the recent U isotope 469 

model of Wang et al. (2016). The model is summarized below, with full details provided 470 

in Wang et al. (2016).  471 

The global seawater U concentration can be expressed as the difference between 472 

riverine input flux and total U output flux to the seafloor (Goto et al., 2014):  473 

dMSW / dt = Fr – Σ Fi       (II) 474 

where MSW is the seawater U mass, Fr is the riverine input flux (mol/yr), and Σ Fi is the 475 

total U output flux to anoxic, suboxic, and oxic sinks (mol/yr). Similarly, the seawater 476 



  

δ238U can be expressed as: 477 

d(MSW δSW) / dt = Fr δr – Σ Fi (δSW + Δi)    (III) 478 

where δSW and δr are the seawater δ238U and river δ238U, respectively, and Δi is the U 479 

isotope fractionation between seawater and each sink (anoxic, suboxic, and oxic; see 480 

Table 4). Assuming steady-state conditions, then dMSW / dt and d(MSW δSW) / dt are both 481 

zero (Andersen et al., 2016) and equations (II) and (III) become:  482 

Fr = Σ Fi             (IV) 483 

δSW = δr – Σ fi Δi           (V) 484 

where fi is the fraction of the U burial flux in each sink with respect to the river input (Fi / 485 

Fr). If a first-order relationship exists between each sink’s burial flux and the global 486 

seawater U concentration (Partin et al., 2013; Reinhard et al., 2013), then:  487 

Fi =ki Ai [U]        (VI) 488 

where Ai is the areal extent of seafloor for each U sink; [U] is the seawater U 489 

concentration, and ki is an effective burial rate constant for each sink based on its modern 490 

seafloor area and burial flux (see Table 4 for values used in the model). It then follows 491 

that:  492 

δSW = δr – [Aanoxic*kanoxic*Δanoxic + Asuboxic*ksuboxic*Δsuboxic + Aoxic*koxic*Δoxic]   (VII) 493 

[Aanoxic*kanoxic + Asuboxic*ksuboxic + Aoxic*koxic]               494 

The areal extent of anoxic seafloor was calculated for a range of possible suboxic 495 

seafloor areas (from the modern area of 6% up to a maximum of 100%) that may have 496 



  

occurred in the global ocean at 1.4 Ga (Fig. 9). For both the upper and lower Velkerri 497 

intervals, the anoxic seafloor area was calculated assuming two end-member local and 498 

global anoxic fractionation factors (0.60‰ and 0.85‰), based on observations in modern 499 

anoxic environments and experiments with microbially-mediated reduction of U(VI) to 500 

U(IV) (Weyer et al., 2008; Montoya-Pino et al., 2010; Andersen et al., 2014; Basu et al., 501 

2014; Holmden et al., 2015; Noordmann et al., 2015; Stylo et al., 2015; Stirling et al., 502 

2015; Rolison et al., 2017). General trends from this model include: 1) seawater δ238U 503 

decreases as the anoxic seafloor area increases; 2) seawater δ238U decreases as the 504 

suboxic seafloor area decreases at a constant areal extent of anoxic seafloor; 3) for a 505 

constant seawater δ238U, a greater anoxic seafloor area is calculated for higher areas of 506 

suboxic seafloor (thus the oxic seafloor area must decrease); 4) using a higher U isotope 507 

fractionation factor for local removal of U to anoxic sediments yields a lower global 508 

seawater δ238U and thus a greater areal extent of ocean anoxia; and 5) using a higher U 509 

isotope fractionation factor for the global anoxic sink results in a lower estimate for the 510 

areal extent of ocean anoxia. 511 

For the upper Velkerri interval, assuming a global anoxic fractionation factor of 0.60‰ 512 

yields an anoxic seafloor area of <3% if seawater δ238U was –0.47‰, and <25% when 513 

seawater δ238U was –0.72‰ (Fig. 9). If we assume a global anoxic fractionation factor of 514 

0.85‰, then an anoxic seafloor area of <3% and <20% is calculated for seawater δ238U of 515 

–0.47‰ and –0.72‰, respectively. Considering the maximum areal extent of euxinic 516 



  

seafloor (~2%) suggested by Mo mass balance models (see section 2.1), the higher 517 

estimates of seafloor anoxia derived from the U mass balance model implies that most of 518 

the anoxic seafloor was ferruginous. The maximum extent of anoxic seafloor area (nearly 519 

25%) implied by the model is ~70 times larger than the modern anoxic seafloor area 520 

(0.35%), which nevertheless comprises a relatively small fraction of the seafloor. Hence, 521 

much of the seafloor was covered by oxic and suboxic waters during deposition of the 522 

upper Velkerri interval. It is noted that if the local anoxic fractionation factor was <0.6‰ 523 

because the extent of restriction between the Roper seaway and open ocean was 524 

underestimated, then a greater extent of ocean oxygenation would be inferred from the 525 

mass balance model. 526 

By comparison, the lower average δ238Uauth (–0.08 ± 0.18‰) of the lower Velkerri 527 

interval is consistent with a greater areal extent of ocean anoxia. If the global anoxic 528 

fractionation factor was 0.60‰, then an anoxic seafloor area of <20% and up to 100% is 529 

calculated for seawater δ238U of –0.68‰ and –0.93‰, respectively. If the global anoxic 530 

fractionation factor was 0.85‰, then an anoxic seafloor area of <20% and <40% is 531 

calculated for seawater δ238U of –0.68‰ and –0.93‰, respectively. Hence, the U isotope 532 

mass balance model permits the possibility of widespread coverage of the global seafloor 533 

by anoxic waters (of predominantly ferruginous character; Planavsky et al., 2011; 534 

Reinhard et al., 2013) during deposition of the lower Velkerri interval at 1.42 Ga. By 535 



  

contrast, the U model does not suggest widespread coverage of the global seafloor by 536 

anoxic waters during deposition of the upper Velkerri interval at 1.36 Ga. 537 

 538 

5.3 Transient episode of ocean oxygenation at 1.36 Ga 539 

Our estimate for seawater δ238U during the upper Velkerri interval (–0.47‰ to 540 

–0.72‰) does not reach values as low as some estimates for seawater δ238U during 541 

Phanerozoic intervals characterized by more extensive ocean anoxia than today (about 542 

–0.60‰ to –0.90‰), including the late Katian in the Ordovician (Lu et al., 2017), the 543 

Cretaceous Oceanic Anoxic Event 2 (Montoya-Pino et al., 2010), and the late Permian 544 

(Brennecka et al., 2011a; Lau et al., 2016; Elrick et al., 2017). Hence, the upper Velkerri 545 

interval was potentially deposited at a time of greater ocean oxygenation compared to 546 

some anoxic Phanerozoic intervals. 547 

The upper Velkerri Formation may have been deposited at a time of greater ocean 548 

oxygenation compared with the lower Velkerri Formation. Uranium isotope data covering 549 

the entire stratigraphy of the Velkerri Formation in the Urapunga-4 core could not be 550 

presented because samples were originally collected only with Re-Os geochronology in 551 

mind (Kendall et al., 2009). Despite this shortcoming, the 1 m interval in the upper 552 

Velkerri interval analyzed in this study is of key strategic importance in that it captures 553 

higher Mo and U concentrations compared with other euxinic shales in Urapunga-4 and 554 

most other mid-Proterozoic euxinic black shales (Fig. 4; Scott et al., 2008; Partin et al., 555 



  

2013; Mukherjee and Large, 2016). Similarly, an interval of high Mo and U 556 

concentrations was also observed in euxinic shales from the thicker Velkerri Formation in 557 

the Altree 2 drill core (Cox et al., 2016), which are potentially correlative with the 558 

interval of peak Mo and U enrichment in Urapunga-4. These higher U and Mo 559 

enrichments point to a larger dissolved oceanic inventory of Mo and U, which in turn 560 

implies a smaller extent of anoxic seafloor where these metals are most efficiently 561 

removed to sediments (i.e., slower Mo and U burial rates occur in weakly- to 562 

strongly-oxygenated settings; Scott et al., 2008; Partin et al., 2013). Hence, the elemental 563 

record and U isotope data together suggest that the upper Velkerri Formation captures a 564 

transient episode of ocean oxygenation at ca. 1.36 Ga. Geochemical data from 565 

sedimentary rocks of broadly similar age in Russia and China are consistent with this 566 

hypothesis (Sperling et al., 2014; Zhang et al., 2016). Given uncertainties in depositional 567 

age constraints, it is not clear if there were one or more short-lived oxygenation episodes 568 

around 1.4 Ga. 569 

It is important to note that despite the relatively small extent of seafloor anoxia 570 

during the upper Velkerri oxygenation event, the U isotope mass balance model does not 571 

require high O2 levels in the O2-bearing deep waters. The model permits the possibility 572 

that non-anoxic portions of the seafloor were covered predominantly by weakly 573 

oxygenated waters. This scenario is potentially compatible with the low δ53Cr signatures 574 

(–0.14‰ to +0.05‰; Cole et al., 2016) in the upper Velkerri Formation, which are 575 



  

similar to igneous rock compositions (average δ53Cr = –0.124 ± 0.101 ‰, 2SD; 576 

Schoenberg et al., 2008), and thus suggest low atmospheric O2 levels (<0.1-1.0% of 577 

modern levels) and limited Cr-Mn redox cycling (Planavsky et al., 2014, 2016; Cole et al., 578 

2016). Sedimentary rocks with higher δ53Cr than the igneous baseline are thought to 579 

reflect pronounced Cr-Mn redox cycling and higher atmospheric O2 levels (Crowe et al., 580 

2013; Planavsky et al., 2014; Cole et al., 2016).  581 

It is possible, however, that environmental O2 levels were somewhat higher than 582 

implied by the low δ53Cr for the upper Velkerri interval. A small, but non-trivial, 583 

proportion of Neoproterozoic and Phanerozoic shales and ironstones have low δ53Cr at or 584 

near the igneous baseline, and were deposited broadly coeval with rocks containing 585 

higher δ53Cr. Recent studies demonstrate that modern seawater has variable δ53Cr and, 586 

importantly, that seawater in semi-restricted basins can have lower δ53Cr compared with 587 

open-ocean seawater (the modern oceanic residence time of Cr is only ~9.5 kyr; Reinhard 588 

et al., 2013; Scheiderich et al., 2015; Gueguen et al., 2016; Paulukat et al., 2016). Notably, 589 

seawater in the Baltic Sea reaches δ53Cr values as low as 0.13‰, significantly lower than 590 

seawater in the adjoining open North Sea (0.94-1.02‰; Paulukat et al., 2016). Some 591 

modern rivers have δ53Cr only slightly higher than their bedrock sources, suggesting 592 

single-stage oxidation of Cr(III) to Cr(VI) dominates during weathering (with an 593 

associated Cr isotope fractionation of ~0.1-0.3‰) without significant back-reduction to 594 

Cr(III) (D’Arcy et al., 2016; Wu et al., 2017). Hence, it is possible that sedimentary rocks 595 



  

deposited in a relatively well-oxygenated world might contain δ53Cr that is only weakly 596 

fractionated relative to igneous rocks, even if such instances are relatively rare. 597 

These observations, together with the greater sensitivity of Cr isotopes to partial 598 

basin restriction than U isotopes (the modern oceanic residence time of U is between 1 599 

and 2 orders of magnitude longer than Cr), suggest that local depositional factors may 600 

explain the low δ53Cr in the upper Velkerri euxinic sediments. Just as seawater δ53Cr was 601 

closely captured by euxinic sediments in the Cariaco Basin (Reinhard et al., 2014; 602 

Gueguen et al., 2016), the δ53Cr of the upper Velkerri euxinic shales may capture Roper 603 

seawater δ53Cr. The low δ53Cr of the upper Velkerri euxinic shales may reflect the input 604 

of freshwater with low δ53Cr. If the regional bedrock sources to rivers draining into the 605 

Roper seaway had δ53Cr at the low half of the observed range for igneous rocks, and 606 

single-stage oxidation of Cr(III) to Cr(VI) dominated during weathering, then the Roper 607 

seawater and upper Velkerri euxinic shales may have had δ53Cr that was not appreciably 608 

different from the igneous baseline. In that scenario, atmospheric O2 levels during the 609 

upper Velkerri oxygenation event could have been higher (>0.1-1.0% of modern levels) 610 

than previously suggested. In summary, the low δ53Cr signatures of the upper Velkerri 611 

euxinic shales are not incompatible with the U isotope evidence for a transient 612 

oxygenation event at 1.36 Ga. 613 

 614 

5.4 Disturbance of U isotopes in the Wollogorang Formation by post-depositional 615 



  

hydrothermal fluid flow 616 

To evaluate the effect of post-depositional hydrothermal fluid flow on the U isotope 617 

compositions of the Wollogorang Formation, we compared the Re-Os and U isotope data. 618 

A Re-Os isochron date of 1359 ± 150 Ma was derived from linear regression of all 619 

Wollogorang Formation samples (Kendall et al., 2009), and is erroneously young when 620 

compared with the U-Pb zircon depositional ages of 1729 ± 4 Ma and 1730 ± 3 Ma for 621 

tuffaceous beds in the formation (Page et al., 2000). The initial 187Os/188Os from the 622 

regression (3.5 ± 1.5) is higher than reasonable 187Os/188Os values for upper continental 623 

crust during the Paleoproterozoic (which should have had lower 187Os/188Os than the 624 

modern upper crustal average of 0.8-1.4; Esser and Turekian, 1993; Peucker-Ehrenbrink 625 

and Jahn, 2001; Hattori et al., 2003; Chen K. et al., 2016). This observation is implausible 626 

because there is no large solid Earth reservoir more radiogenic than the upper continental 627 

crust (Kendall et al., 2009).  628 

The Re-Os isotope compositions of black shales from 76.00-76.96 m in the Mount 629 

Young 2 drill core (closest to the base of the Wollogorang black shale unit) were affected 630 

more by post-depositional hydrothermal fluid flow than the black shales from 631 

74.18-75.53 m. Larger deviations from a ca. 1730 Ma reference Re-Os isochron were 632 

observed for samples from 76.00-76.96 m relative to 74.18-75.53 m (Kendall et al., 2009). 633 

This observation is reflected by contrasting Re-Os dates of 1781 ± 190 Ma and 1234 ± 370 634 

Ma for 74.18-75.53 m and 76.00-76.96 m, respectively. The Re-Os date from 74.18-75.53 635 



  

m is consistent with the U-Pb zircon ages and thus is geologically reasonable, but the 636 

Re-Os date from 76.00-76.96 m is erroneously young (Page et al., 2000; Kendall et al., 637 

2009). 638 

Black shales from 76.00-76.96 m have higher δ238Uauth (0.10 ± 0.05‰) than black 639 

shales from 74.27-75.53 m (–0.04 ± 0.09‰). An unpaired t test confirms that the difference 640 

in δ238U between the two intervals is statistically significant (two-tailed p value of 0.0279). 641 

Using the Re-Os isotope data as a guide to the extent of open-system behavior, we suggest 642 

that post-depositional hydrothermal fluid flow altered the δ238U of at least the black shales 643 

at 76.00-76.96 m to higher values relative to the original depositional values.  644 

By contrast, there is no correlation between δ238U and U abundances (Fig. 7) and an 645 

unpaired t test shows that the U EFs for samples from 74.27-75.53 m and 76.00-76.96 m 646 

are not significantly different (two-tailed p value of 0.8149). However, variability in 647 

authigenic U enrichments in the Wollogorang Formation may have masked the effect of 648 

post-depositional hydrothermal fluid flow on the U concentrations of the black shales. 649 

Oxidizing hydrothermal fluids are suggested to have leached metals and organic 650 

matter out of the Wollogorang Formation and deposited these materials in the Barney 651 

Creek Formation during formation of the McArthur River HYC Pb-Zn-Ag deposit at ca. 652 

1640 Ma (Cooke et al., 1998; Large et al., 1998, 2001; Garven et al., 2001; Logan et al., 653 

2001; Rawlings et al., 2004; Williford et al., 2011). The samples exhibiting the greatest 654 

extent of open-system behavior with respect to Re-Os isotopes have the highest δ238U 655 



  

(this study) and lowest δ98Mo (Kendall et al., 2009) (Fig. 8). Hence, oxidizing 656 

hydrothermal fluids may have preferentially leached lighter U isotopes and heavier Mo 657 

isotopes out of the Wollogorang Formation. Alternatively, the black shales were reducing 658 

traps for Mo and U carried by the hydrothermal fluids. Based on the observed isotopic 659 

trends in the Wollogorang black shale unit, this alternative scenario caused preferential 660 

addition of isotopically heavier U and isotopically lighter Mo to the Wollogorang shales, 661 

consistent with the observed direction of isotope fractionation during Mo and U removal 662 

from the water column to organic-rich sediments in modern anoxic basins (e.g., Neubert et 663 

al., 2008; Weyer et al., 2008).  664 

Our data suggest that post-depositional hydrothermal fluid flow can shift the δ238U 665 

and δ98Mo of black shales to higher and lower values, respectively, compared with original 666 

depositional signatures. Consequently, the Wollogorang shales may yield an erroneous 667 

underestimate and overestimate of the global extent of ocean anoxia and euxinia using U 668 

and Mo isotope data, respectively. It is noted that we cannot exclude the possibility that 669 

the different δ238U of the 74.27-75.53 m and 76.00-76.96 m intervals reflects a change in 670 

ocean redox conditions rather than hydrothermal alteration. However, it is not advisable 671 

to assume U (and Mo) isotope data from black shales represent depositional signatures 672 

when there is clear evidence of open-system behavior for Re-Os isotopes from the same 673 

shales due to post-depositional hydrothermal fluid flow. 674 

  675 



  

6. Conclusions 676 

An average δ238Uauth of 0.13 ± 0.04‰ from a ~1 m interval in the upper Velkerri 677 

Formation (drill hole Urapunga-4) suggests that seawater δ238U at 1.36 Ga was ~ –0.47‰ 678 

to –0.72‰, assuming an isotope fractionation of 0.60-0.85‰ during local U removal to 679 

sediments. A lower seawater δ238U of ~ –0.68‰ to –0.93‰ at 1.42 Ga may have occurred 680 

during deposition of a 1 m interval in the lower Velkerri Formation, based on its average 681 

δ238Uauth of –0.08 ± 0.18‰. Uranium isotope mass-balance modeling suggests that <25% 682 

of the seafloor was anoxic during deposition of the upper Velkerri interval, whereas more 683 

widespread seafloor anoxia may have existed during deposition of the lower Velkerri 684 

interval. Hence, a transient episode of increased ocean oxygenation may have occurred at 685 

1.36 Ga. This oxygenation event can explain higher Mo and U concentrations (suggestive 686 

of a higher dissolved Mo and U inventory in the oceans) in the upper Velkerri interval than 687 

other euxinic shales in the Velkerri Formation as well as other mid-Proterozoic euxinic 688 

shales. Sedimentary rocks from Russia and China that yield geochemical evidence for 689 

O2-bearing deep waters potentially capture the same oxygenation event recorded in the 690 

upper Velkerri Formation, but the uncertainties in depositional age constraints for these 691 

three different localities means that multiple oxygenation events around 1.4 Ga are also 692 

possible.    693 

Comparison of the extent of open-system Re-Os isotope systematics with U isotope 694 

data for black shales of the Wollogorang Formation suggests that hydrothermal alteration 695 



  

affected U isotope compositions. Higher δ238U near the base of the Wollogorang black 696 

shale unit suggests that isotopically heavy U was added to the shales via U reductive 697 

capture or that isotopically lighter U was leached from the shales by hydrothermal fluids. 698 

Hence, hydrothermal alteration of black shale U isotope compositions, if not recognized, 699 

will lead to erroneous interpretations of ocean paleoredox conditions. 700 
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 1103 

Figure Captions 1104 

 1105 

Fig. 1. Regional geological map of the McArthur Basin in Northern Australia. The 1106 

location of the two drill holes Urapunga-4 (Velkerri Formation) and Mount Young 2 1107 

(Wollogorang Formation) are shown. Modified from Volk et al. (2005), Kendall et al. 1108 



  

(2009), and Mukherjee and Large (2016). 1109 

 1110 

Fig. 2. Lithostratigraphy of the Velkerri Formation in drill hole Urapunga-4. Re-Os 1111 

depositional ages from Kendall et al. (2009). Modified from Mukherjee and Large 1112 

(2016). 1113 

 1114 

Fig. 3. Lithostratigraphy of the Wollogorang Formation in drill hole Mount Young 2. 1115 

Modified from Donnelly and Jackson (1988) and Kendall et al. (2009). U–Pb zircon ages 1116 

of tuffaceous beds are from Page et al. (2000).  1117 

 1118 

Fig. 4. Geochemical profiles for the Velkerri Formation (drill hole Urapunga-4). 1119 

Lithostratigraphic column is modified from Mukherjee and Large (2016). For the 1120 

geochemical profiles spanning the entire Velkerri Formation (blue circles), the TOC, S, 1121 

Mo, and U data are from Mukherjee and Large (2016); the δ98Mo data are from Arnold et 1122 

al. (2004); and the FeHR/FeT and DOP data are from Shen et al. (2003). The red circles 1123 

denote data from Kendall et al. (2009) and this study. The blue dashed line at FeHR/FeT = 1124 

0.38 and the red dashed line at DOP = 0.45 represent the threshold above which local 1125 

bottom waters were likely anoxic. DOP values above 0.75 likely represent euxinic 1126 

conditions (Raiswell et al., 1988; Raiswell and Canfield, 1998; Lyons and Severmann, 1127 

2006). No TOC or Mo isotope data exist for the lower Velkerri interval (325.71-326.69 1128 



  

m).  1129 

 1130 

Fig. 5. δ238U versus UEF for the Velkerri Formation. Upper Velkerri and Lower Velkerri 1131 

refers to samples from 136.98-137.89 m and 325.71-326.69 m in Urapunga-4, 1132 

respectively. 1133 

 1134 

Fig. 6. Geochemical profiles for the Wollogorang Formation (drill hole Mount Young 2). 1135 

Lithostratigraphic column is modified from Donnelly and Jackson (1988) and Kendall et 1136 

al. (2009). The DOP, FeT/Al, δ98Mo, and Mo EF data are from Kendall et al. (2009). The 1137 

red squares denote data from 76.91-76.96 (dol) (shale material adjacent to a dolomite 1138 

veinlet). The red dashed line denotes DOP = 0.45. 1139 

 1140 

Fig. 7. δ238U versus UEF for the Wollogorang Formation. Shallow Wollogorang and Deep 1141 

Wollogorang refers to samples from 74.27-75.53 m and 76.00-76.96 m in Mount Young 1142 

2, respectively. 1143 

 1144 

Fig. 8. δ98Mo versus δ238U for the Wollogorang Formation and upper Velkerri Formation. 1145 

Shallow Wollogorang and Deep Wollogorang refers to samples from 74.27-75.53 m and 1146 

76.00-76.96 m in Mount Young 2, respectively. Upper Velkerri refers to samples from 1147 

136.98-137.89 m in Urapunga-4. 1148 



  

 1149 

Fig. 9. Results of U isotope mass balance modelling, showing δ238Useawater versus anoxic 1150 

seafloor area, assuming a global U isotope fractionation factor of A) 0.60‰ and B) 0.85‰ 1151 

between seawater and anoxic sediments. The δ238Useawater for the upper Velkerri 1152 

Formation (blue) is –0.47‰ to –0.72‰, whereas δ238Useawater for the lower Velkerri 1153 

Formation (purple) is –0.68‰ to –0.93‰ (assuming local fractionation factors of 1154 

0.60-0.85‰ during U removal from seawater to the Velkerri sediments). Dashed line 1155 

represents modern δ238Useawater (= –0.39‰). 1156 
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Table 1. Geochemical data for black shales from 
the Velkerri Formation and Wollogorang 
Formation. 
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Note: U concentration and isotope data are from this study; Al, Fe, Mo, and DOP data are 1176 

from Kendall et al. (2009). 1177 

a“rpt” = full powder replicate analysis; "dol" = shale material adjacent to dolomite veinlet. 1178 

bEF = enrichment factor = (metal/Al)sample / (metal/Al)average upper crust. Upper crust data (Al = 1179 

8.04 wt%, U = 2.8 ppm, Mo = 1.5 ppm) are from McLennan (2001). 1180 

cMolybenum isotope data from Kendall et al. (2009) have been re-calculated relative to 1181 

NIST SRM = 0.25‰. 1182 

dreported uncertainty for δ98Mo is the 2SD of replicate measurements or 0.15‰, whichever 1183 

is greater (Kendall et al., 2009). 1184 



  

ereported uncertainty for δ238U is the 2SD of replicate measurements or 0.08‰, whichever 1185 

is greater. 1186 

fDOP = degree of pyritization. 1187 

  1188 



  

Table 2. Authigenic U isotope composition and proportion of authigenic U in 
the Velkerri Formation and Wollogorang Formation. 

  Core 
deptha 

(m) 

Al 
(wt
%) 

U 
(pp
m) 

δ238

U 
(‰) 

2SD 
Measu

red 

2SDb 

Repor
ted 

n 
δ238Ua

uth
c 

(‰) 

fauth
e 

(%) 

fdet
f 

(%
) 

δ238Ua

uth
c 

(‰) 

fauth
e 

(%) 

fdet
f 

(%
) 

Velkerri Formation 
(drillhole Urapunga-4)    

δ238Udet
d = 

-0.3‰  
δ238Udet

d = 
-0.8‰  

136.98-
137.05 

3.1 
12.
7 

0.03 0.08 0.08 3 0.06 
91.
4 

8.6 0.11 
91.
4 

8.6 

137.19-
137.26 

3.2 
13.
9 

0.08 0.02 0.08 3 0.11 
92.
0 

8.0 0.16 
92.
0 

8.0 

137.26-
137.33 

2.9 
14.
8 

0.10 0.07 0.08 3 0.13 
93.
3 

6.7 0.16 
93.
3 

6.7 

137.46-
137.52 

3.8 
14.
8 

0.09 0.03 0.08 3 0.12 
91.
0 

9.0 0.17 
91.
0 

9.0 

137.75-
137.79 

3.3 
14.
7 

0.12 0.08 0.08 3 0.16 
92.
1 

7.9 0.20 
92.
1 

7.9 

137.84-
137.89 

3.5 
16.
5 

0.04 0.02 0.08 3 0.07 
92.
6 

7.4 0.11 
92.
6 

7.4 

325.71-
325.78 

2.9 5.6 
-0.2

0 
0.03 0.08 3 -0.18 

81.
9 

18.
1 

-0.07 
81.
9 

18.
1 

326.20-
326.28 

4.6 5.6 
-0.2

8 
0.04 0.08 3 -0.27 

71.
3 

28.
7 

-0.07 
71.
3 

28.
7 

326.42-
326.48 

7.9 5.2 
-0.2

7 
0.10 0.10 3 -0.23 

47.
4 

52.
6 

0.33 
47.
4 

52.
6 

326.48-
326.55 

3.6 4.8 
-0.2

4 
0.07 0.08 3 -0.21 

73.
9 

26.
1 

-0.04 
73.
9 

26.
1 

326.62-
326.69 

4.6 5.2 
-0.1

9 
0.05 0.08 3 -0.14 

69.
2 

30.
8 

0.08 
69.
2 

30.
8 

             Wollogorang Formation (drillhole 
Mount Young 2)         
74.27-7

4.29 
3.3 

15.
2 

-0.1
4 

0.06 0.08 3 -0.12 
92.
5 

7.5 -0.08 
92.
5 

7.5 

74.35-7
4.38 

2.7 
13.
7 

-0.1
7 

0.06 0.08 3 -0.16 
93.
2 

6.8 -0.12 
93.
2 

6.8 

75.08-7
5.11 

4.7 
11.
7 

0.00 0.06 0.08 3 0.05 
86.
0 

14.
0 

0.14 
86.
0 

14.
0 

75.48-7 2.6 22. -0.0 0.00 0.08 3 -0.05 95. 4.1 -0.03 95. 4.1 



  

5.51 1 6 9 9 
75.51-7

5.53 
2.9 

17.
1 

-0.0
6 

0.02 0.08 3 -0.05 
94.
1 

5.9 -0.02 
94.
1 

5.9 

76.00-7
6.03 

4.1 
17.
4 

0.06 0.06 0.08 3 0.09 
91.
9 

8.1 0.14 
91.
9 

8.1 

76.03-7
6.08 

7.7 
18.
6 

0.06 0.09 0.09 3 0.12 
85.
5 

14.
5 

0.21 
85.
5 

14.
5 

76.91-7
6.96 

3.4 
21.
6 

0.04 0.05 0.08 3 0.06 
94.
6 

5.4 0.09 
94.
6 

5.4 

76.91-7
6.96 
(dol) 

2.8 
19.
3 

0.03 0.09 0.09 3 0.04 
94.
9 

5.1 0.07 
94.
9 

5.1 

Note. Average upper crust data is from McLennan (2001).  1189 

a "dol" = shale material adjacent to dolomite veinlet. 1190 

b Reported uncertainty for δ238U is the 2SD of replicate measurements or 0.08‰, 1191 

whichever is greater. 1192 

c Authigenic U isotope composition. 1193 

d Detrital U isotope composition. 1194 

e Fraction of authigenic U. 1195 

f Fraction of detrital U. 1196 

  1197 



  

Table 3. Flux and U isotope fractionation associated with non-anoxic sinks. 1198 

Sink 
Flux(106 
mol/yr) 

Fraction
ation 

Refere
nces 

              Pelagic clay 3 0.04 (1) 
              

Metallic sediments 1 -0.24 
(1) to 

(4) 
              

Carbonates 5.6 0.20 
(5) to 

(7) 
              Oceanic crustal 

alteration (High T) 2 0.00 
(8) to 
(10) 

              Oceanic crustal 
alteration (Low T) 3.8 0.25 

(8) to 
(10) 

              Coastal zone retention 7.6 -0.24 (9) 
              Suboxic (weakly 

oxygenated seafloor) 15.3 0.10 
(2), 
(11) 

              Weighted average (oxic) 
 

0.01 
               Weighted average (oxic 

+ suboxic)   0.04   
              

Modified from Wang et al., 2016. The fractionation factor for pelagic clays is poorly 1199 

constrained. 1200 

References: (1) Wang et al., 2016; (2) Weyer et al., 2008; (3) Brennecka et al., 2011b; (4) 1201 

Goto et al., 2014; (5) Romaniello et al., 2013; (6) Stirling et al., 2015; (7) Chen et al., 2016; 1202 

(8) Andersen et al., 2015; (9) Tissot and Dauphas, 2015; (10) Noordmann et al., 2016; (11) 1203 

Andersen et al., 2016  1204 
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Table 4. Summary of the parameters used in the U isotope mass-balance model. 1206 

Param
eter 

Description Values Unit 
Referen
ces 

               
Fr 

Riverine U 
fluxes to oceans 

4.2×10
7 

mol/yr 
(1) to 
(4) 

               
Fox 

Removal flux to 
oxic sinks 

2.23×1
07 

mol/yr 
(1) to 
(4) 

               
Fsuboxic 

Removal flux to 
suboxic sinks 

1.53×1
07 

mol/yr 
(1) to 
(4) 

               
Fanoxic 

Removal flux to 
anoxic sinks 

4.45×1
07 

mol/yr 
(1) to 
(4) 

               

kox 
Effective burial 
rate constant for 
oxic sinks 

0.048 
1/(dm*
yr) 

(5) 

               

ksuboxic 
Effective burial 
rate constant for 
suboxic sinks 

0.469 
1/(dm*
yr) 

(5) 

               

kanoxic 
Effective burial 
rate constant for 
anoxic sinks 

2.534 
1/(dm*
yr) 

(5) 

               
δr 

δ238U of river 
waters 

-0.34 ‰ 
(4), (6), 
(7)  

               

Δox 

Fractionation 
factor between 
seawater and 
oxic sink 

0.01 ‰ (5) 

               

Δsuboxic 

Fractionation 
factor between 
seawater and 
suboxic sink 

0.10 ‰ (6), (8) 

               

Δanox 

Fractionation 
factor between 
seawater and 
anoxic sink 

0.60-0.
85 

‰ see text 

               
[U]mode

rn 

Modern 
seawater U 
concentration 

1.39×1
0-8 

mol/d
m3 

(8), (9) 

               
δmodern 

Modern 
seawater δ238U 

-0.4 ‰ 
(4), (8), 
(10) 

               



  

V  
Seawater 
volume 

1.37×1
021 

dm3 (11) 

               

A 

Total seafloor 
area 

3.61×1
016 

dm3 (1) 

               Modern anoxic 
seafloor area 

0.35 % (12) 

               Modern suboxic 
seafloor area 

6 % (2) 

               Modern oxic 
seafloor area 

93.65 % Balance 

               Modified from Wang et 
al., 2016.    

               
References: (1) Barnes and Cochran, 1990; (2) Dunk et al., 2002; (3) Morford and 1207 

Emerson, 1999; (4) Tissot and Dauphas, 2015; (5) Wang et al., 2016; (6) Andersen et al., 1208 

2016; (7) Noordmann et al., 2016; (8) Weyer et al., 2008; (9) Chen et al., 1986; (10) 1209 

Stirling et al., 2007; (11) Hastings et al., 1996; (12) Veeh, 1967. 1210 

 1211 

  1212 



  

 1213 

 Highlights:  1214 

U isotope data from black shales point to increased ocean oxygenation at 1.36 Ga  1215 

A U isotope mass-balance model suggests <25% seafloor anoxia during this event  1216 

Elevated Mo and U enrichments in these shales also support an oxygenation event  1217 

Post-depositional hydrothermal alteration can affect U isotopes in black shales  1218 

 1219 


